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Foreword

This textbook was developed for an undergraduate level academic course in hydrogeology (also known as
groundwater hydrology, geohydrology, and groundwater engineering) with two main goals in mind:

(1) To make it widely available, and free of charge. Many similar textbooks are often quite expensive, making
them unaffordable for many students. The pdf file of the book is free for downloading, posting, and re-posting on
any non-commercial, non-profit sites including all educational and academic institutions for use by their students.

(2) The second goal is to present this fascinating topic of groundwater science and engineering in sixteen
manageable lectures (the duration of a typical one or two-semester course at American universities), in a manner
that will, hopefully, make it attractive to students wishing to continue onto higher-level or graduate courses such
as Hydrogeology 505, or Groundwater Modeling.

The Hydrogeology 101 textbook is not overwhelmed by complicated differential equations which are typically
crammed into classic hydrogeology books. These equations sometimes overshadow the essential practical aspects
of hydrogeology, including those that most if not all hydrogeologists will face at the beginning of their careers. At
the same time, this textbook does introduce quantitative solutions to most common problems hydrogeologists will
typically face throughout their professional life.

More complex quantitative problems described by differential equations including their step-by-step analytical
solutions are presented in the advanced textbooks such as Hydrogeology and Groundwater Modeling, Second
Edition by Neven Kresic (2007; CRC, Taylor & Francis Group). This textbook, and Hydrogeological Conceptual
Models: Data Analysis and Visualization by Neven Kresic and Alex Mikszewski (2013; CRC, Taylor & Francis
Group), also include practical applications of various groundwater-related computer programs (models) that are
widely available today, user-friendly, and more efficient than most manual solutions of complex differential-
equation problems which abound in theoretical hydrogeology textbooks. A typical example that comes to mind is
designing a well field for water supply located near a large river. Calculating feasible and/or sustainable pumping
rates at multiple wells, or influence of their combined pumping on the river (and vice-versa, i.e., groundwater —
surface water interactions) would not be practicable or reasonably accurate without the use of a numeric
groundwater flow model. In other words, analytical calculations and methods of classical hydrogeology would not
suffice in this and many other cases from practice.

I am indebted to my colleagues and friends for many useful suggestions and review of the presented materials,
and especially for the excellent color photographs without which this book would be just another “dry” thick
textbook: Zoran Stevanovi¢, Jeff Manuszak, Nick McMillan, Alex Mikszewski, Peter Thompson, Nenad Maric,
Phil Lucas, William Bill Jones, John Ackerman, Timothy Bechtel, Ted Wilson, Mark Bauer, Dawit Yifru, Chris
Legg, James Brode, Adrian Ezeagy, Gregg Eckhardt, Dinko Stopi¢, Avi Burg, Doron Nissim, Mohamed
Chebaane. Vojislav Ili¢, Qiang Wu, Francis Sowers, who kindly granted me use of photos by the late Georgia
Institute of Technology Professor George Sowers, and many others.

The Author

Warrenton, Virginia
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The author is grateful to the following organizations for hosting the electronic (pdf) version of Hydrogeology
101: Introduction to Groundwater Science and Engineering on their web sites for free download.

The National Ground Water Association is a not-for-profit professional society and

trade association for the global groundwater industry. Our members around the world

include leading public and private sector groundwater scientists, engineers, water well

system professionals, manufacturers, and suppliers of groundwater-related products

and services. The Association’s vision is to be the leading groundwater association

advocating for responsible development, management, and use of water. Visit us
athttps://www.ngwa.org/

S.S. Papadopulos & Associates, Inc. (SSP&A) was established in 1979 to provide professional groundwater and
hydrogeology consulting services. With that cornerstone, SSP&A developed an internationally recognized practice
in contaminant studies, environmental engineering, remediation, geochemistry, and surface-water hydrology.
SSP&A has led or contributed to the development of leading simulation and calculation software, in recent years
distributed primarily as freeware or open source. SSP&A maintains close ties with professional organizations,
research programs, national labs, academia, and other leading experts in the environmental field. This includes
providing professional training courses, and authoring peer-reviewed articles and leading or contributing to books
on the topics of contaminant transport and model calibration and uncertainty analysis, among other topics. Home
page: www.sspa.com. For any questions: write matt@sspa.com or models@sspa.com

Environmental Simulations, Inc. (ESI) is a company specializing in
groundwater modeling software, training, and consulting. ESI products
include Groundwater Vistas for MODFLOW groundwater modeling and
AquiferWin32 for analysis of aquifer test data and analytical modeling. For
more information, please send email to support@groundwatermodels.com
or visit our website at www.groundwatermodels.com

® IGRAC, the International Groundwater Resources Assessment Centre,
I g ra c is an independent center working under the auspice of UNESCO and

WMO and supported by the Government of The Netherlands.
International Groundwater Resources Assessment centre IGRAC produces and disseminates evidence-based information on
groundwater worldwide to support decision-making for a sustainable planet. It focuses on groundwater data and
information acquisition and management, groundwater assessment and research, advocacy and awareness raising.

Since 2003, IGRAC provides an independent content and process support, in particular on transboundary aquifer
and groundwater monitoring. Visit us at www.un-igrac.org
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firm committed to investigating, analyzing, and solving complex environmental

problems around the globe. Our work ranges from practical solutions for

environmentally sound industrial operations and property development to

toxicological analysis and management of chemical hazards, sustainable development
of water and other natural resources, and protection of our rivers, bays, and estuaries. Our staff combines practical
know-how with leading-edge research to deliver timely, innovative, and focused solutions to your environmental
challenges. As a service to professional community, we have developed various freeware and open-source
groundwater modeling programs. Visit us at www.gsienv.com

The Karst Waters Institute (KWI) is a nonprofit institution whose mission is to
improve the fundamental understanding of karst water systems for professionals and
the public. KWI seeks to advance karst science through the engagement of
professionals in small conferences and workshops, to increase the recognition and
publication of karst science, to foster the development of karst professionals, and to
communicate and disseminate information to the public. KWI supports these
activities by acting as a coordinating agency for funding and personnel. The
volunteers constituting the Board of Directors make an annual presentation of a Karst
Award to an outstanding member of the cave and karst field, oversee an annual award
of a graduate-student scholarship, and have convened and produced numerous
conferences and special publications on various karst topics including geology,
hydrology, biology, and water resources. Visit us at https:/karstwaters.org/

The Centre for Karst Hydrogeology was established in 2008 at the Department of
Hydrogeology, University of Belgrade, Serbia. The Centre engages the University
and outside experts, as well as undergraduate and graduate students, on a variety of
projects including engineering regulations of karst aquifers, water supply, prevention
of losses from reservoirs and dams built in karst, groundwater protection, GIS
applications, design and management of groundwater monitoring networks,
speleology, and speleo-diving. In cooperation with national and international
academic institutions and UNESCO, we have organized conferences, seminars,
workshops, and academic courses for students and working professionals. For more
information, please visit our website at www.karst.edu.rs

HydroGeoCenter specializes in providing training and expertise in hydrogeology,
groundwater modeling, and groundwater remediation for industry, regulatory
agencies, and academia. With our video courses, online and on-demand training, and
consulting services, you can learn directly from the experts and take your skills to
the next level. Covering an extensive range of topics, with solutions to real-life
problems including case studies, we can help you with consulting and groundwater
modeling for the following: water supply; sustainable agriculture; contaminant fate
and transport; groundwater remediation; hydraulic control in mining and
construction. We offer on-demand training for environmental consulting and
engineering companies, industry professionals, and regulatory agencies. This
personalized approach enables you to find optimal solution for your unique situation,
tailored to your specific needs. Visit us at www.hydrogeocenter.com
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Lecture 1 Introduction to Hydrogeology

Traditionally, hydrogeology is defined as the area of geologic sciences, as well as engineering, that in its
broadest sense deals with water below the land surface. Hydro is the Greek word for water, and geology is the
science of Earth: geo being a prefix derived from the Greek word gaia (meaning the earth, but also Gaia — a
primordial Earth goddess in Greek myth), whereas logy is derived from the Greek word /ogos which means word,
thought, principle, or speech, but in modern times is most commonly understood to mean science. Thus, geology
literally means the science of Earth.

The term hydrogeology (hydrogéologie in French) was first created by the French biologist and naturalist Jean-
Baptiste Lamarck in 1802 in a publication with the same name published in Paris by the Museum of Natural
History (Lamarck, 1802). Lamarck also introduced the term biology. Although an entire scientific and engineering
field owes its name to the French scientist, Lamarck and hydrogeology have not had much in common since. Until
recently, a global approach to the preservation of both the environment and humankind has not been endorsed
widely. Like Werner and Humboldt (also prominent scientists of the time), Lamarck considered nature as a whole,
emphasizing the close connections between its abiotic and biotic parts. He declared that there must be one
integrative science — Physique terrestre (the physics of the Earth) which would be able to embrace the study of
the atmosphere (Météorologie), the study of Earth’s crust (Hydrogéologie), and the study of living organisms
(Biologie). (Ghilarov, 1998).

The definition of Gaia provided by the popular Merriam-Webster dictionary states that the word also refers to
the hypothesis that the living and nonliving components of Earth function as a single system in such a way that
the living component regulates and maintains conditions (such as the temperature of the ocean or composition of
the atmosphere) suitable for life. This definition is greatly influenced by the proposition introduced in the 1970s
by chemist James Lovelock and his research partner microbiologist Lynn Margulis that the earth is a living being,
self-regulating the elements to sustain life. Lovelock and Margulis, in turn, picked up the idea from the Russian
scientist Vernadsky (e.g., see Lovelock and Margulis, 1974; Vernadsky, 1926, 1929, 1997). At the time, this
revolutionary hypothesis was discredited, but has since been accepted as a legitimate theory.

Hydrogeology evolved from the broadest definition of the study of Earth’s crust at the beginning of the 19th
century to the relatively narrow practice of studying the physical aspects of water below the land surface during
the first half of the 20th century. This was followed by an added focus on the contamination and remediation of
groundwater starting in late 1980s, continuing to the very question of sustainability of life on Earth we face today.
Without groundwater many surface streams and freshwater bodies would cease to flow or exist, agriculture and
food production would end as we know it, and public and individual drinking water supply would be severely
restricted or non-existent in many parts of the world. Groundwater, of course, cannot simply vanish, but its
availability and quality can and have been greatly impacted by many if not all human activities.

Importantly, compared to surface water, groundwater moves very slowly for the most part, and the negative
anthropogenic impacts on it may last for a relatively long time. Contamination that happened years or decades ago
may still be impacting groundwater quality today and may continue to do so for decades to come. In addition, as
emphasized by the European Commission (2008), at large-scale contaminated sites it may be difficult or even
impossible to rapidly clean up the groundwater contamination encountered. The experience of remediation of the
past several decades has shown that the measures taken have in most cases not been able to completely remove all
contaminants and that some contaminant sources, if partially left in the subsurface, continue to emit for long
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periods of time (i.e., several or more generations). Therefore, an important focus in the European Union is on
preventing groundwater contamination in the first place, as opposed to some other developed countries such as the
United States and most developing countries around the World where such focus is lacking.

1.1 Hydrologic Cycle and Water Budget

Groundwater is an important part of Earth’s hydrologic cycle, or the movement of water between oceans,
atmosphere, and land (Figure 1.1). Groundwater is derived mostly from the percolation of precipitation and, to a
lesser degree, from surface water streams and lakes (reservoirs) that lose water to underlying aquifers. Only minute
quantities of groundwater have their origin from processes located in the deeper crust associated with magmatism
(this water is often called juvenile water). The volume of groundwater stored and moving through aquifers and
aquitards in the upper portion of Earth’s crust is much larger than any other form of mobile freshwater on Earth,
excluding glaciers and ice caps (Figure 1.2-Leff). Groundwater discharges into bodies of freshwater on land
(streams, lakes, marshes) and to oceans. This discharge is either concentrated via springs and seeps, or directly
into surface water bodies where it is normally not visible but can sometimes be quite spectacular (Figure 1.2-
Right).

Figure 1.1 The water (hydrologic) cycle. Modified from the United States Geological Survey (USGS). In public domain,
available at https://www.usgs.gov/media/images/water-cycle-natural-water-cycle)

Water in the subsurface, from a practical hydrogeologic perspective, can be divided into two major zones:
water stored in the unsaturated zone, which is located between the land surface and the water table, and water
stored below the water table, in the saturated zone. In either case, water is stored in pore spaces between solids of
the soil and in spaces between solids (mineral grains) of all rocks in general, unconsolidated, and consolidated
(“hard”) rocks alike (see Lecture 2). In the unsaturated zone, often called vadose zone or zone of aeration, pore
spaces are partially occupied with air as well.
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Figure 1.2 Left: Distribution of water on Earth. Modified from USGS. In public domain; https://www.usgs.gov/media/images/
Right: Boiling Spring on Potts Creek, Alleghany County, Virginia. Photo courtesy of Phil Lucas.

Soil pore space in the vadose zone is filled with both air and water in varying proportions depending on the
soil type, climate, and seasonal conditions. This zone may be divided with respect to the occurrence and circulation
of water into the uppermost zone of soil water, the intermediate zone, and the capillary fringe immediately above
the water table. The zone of soil water is the part of the lithosphere from which water is discharged into the
atmosphere in perceptible quantities by the action of plants (transpiration) and by direct evaporation, jointly called
evapotranspiration. It varies greatly in thickness in different types of soil and vegetation, being only a few feet
thick where the surface is covered with grass or ordinary field crops, but much thicker in forests and in tracts that
support certain deep-rooting desert plants. The soil water is of primary interest in agriculture because it is near
enough to the land surface to be available to the roots of plants. The depths to which the roots of plants reach for
water varies for different types of plants and for different soil and moisture conditions. Grasses and most field
crops draw water from depths of up to 7 feet. However, crops such as alfalfa, once well established in fine sandy
soils derived from loess, may obtain groundwater from as much as 20 to 30 feet below land surface. Large trees
and certain types of deep-rooted desert plants draw water from considerable depths. There is evidence that a certain
type of mesquite obtains water from as much as 50 feet below the surface and that other perennials may send their
roots to depths of 50 or even 60 feet. With respect to its availability to plants, soil water is referred to as being
either available or not available for plant growth. The latter is so firmly held by adhesion or other forces that it
cannot be taken up by plants rapidly enough to produce growth. More detail on various relationships between
vegetative cover and water below the surface is given by Meinzer (1927).

Hygroscopic water is the water in the soil that is in equilibrium with atmospheric water vapor. It is essentially
the water which molecular attraction of soil grains can hold against evaporation, or against downward drainage by
gravity. It can be removed from the soil only after heating to about 100 to 110 degrees Celsius (i.e., after converting
hygroscopic water back into vapor). It is also commonly referred to as residual soil moisture.

The capillary fringe is a zone directly above the water table and contains capillary interstices some or all of
which are filled with water that is continuous with the water in the zone of saturation but is held above that zone
by capillarity acting against gravity. Capillarity is a term that describes the joint action of two main molecular
forces: adhesion (attraction between molecules of water and molecules of porous media), and cohesion (attraction
between molecules of water). The capillary fringe moves upward and downward together with the water table due
to seasonal patterns of aquifer recharge from the percolating precipitation.
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The thickness of the capillary fringe depends on the texture of the rock or soil. The fringe is relatively thin if
it consists of materials in which all the capillary interstices are large. Materials that have only sub-capillary
interstices (such as fresh crystalline rocks) are not regarded as having any capillary fringe or as forming a
functional part of such a fringe. In materials whose interstices are all super-capillary, the capillary fringe is
practically absent, such as in uniform coarse gravels. The thickness of the capillary fringe in silty materials has
frequently been observed to be about 8 feet; in very fine-grained materials (clay) it is even thicker, and in coarse
sand it is considerably thinner (Figure 1.3). Knowing the characteristics of the capillary fringe is important when
designing an irrigation system, estimating potential evapotranspiration from the water table, or when studying fate
and transport (F&T) of certain groundwater contaminants that may be accumulating at the water table or in the
unsaturated zone (see Lectures 12 and 13).

Water that percolates downward beyond the soil
water zone enters the infermediate vadose zone. Here it
is either drawn further downward by gravity to the
underlying zone of saturation or is drawn by molecular
attraction into the capillary and sub-capillary pores,
where it may become stationary. Some of this
“trapped” water may move downward if the newly
percolated water provides enough pressure height to
overcome capillary forces.

Figure 1.3 Capillary rise in porous materials of different grain sizes.
From Meinzer, 1923a, after Hilgard, 1906; in public domain.

Whereas the zone of soil water and the capillary fringe are limited in thickness by local conditions, such as
character of vegetation and texture of rock or soil, the intermediate zone is not limited in that respect. It is the
residual part of the zone of aeration. It may be entirely absent or may attain a thickness of several hundred feet or
more, depending on regional hydrogeologic and climatic conditions. In the arid and semi-arid regions, such as in
the southwestern United States, when it is separated from rivers and groundwater discharge areas, the unsaturated
zone is commonly thicker than 100-150 feet.

Groundwater is water below the water table, completely filling all rock interstices (void or pore spaces) in the
saturated zone. Groundwater may be divided with respect to the force by which it is controlled into water that can
flow through the rock freely under the influence of gravity (gravity groundwater), and groundwater that is not
under the control of gravity. The latter is held against gravity and retained in the capillary and sub-capillary pores
and fissures within the host rock. (Note that term rock in geology refers to all types of unconsolidated sediments,
sedimentary rocks, magmatic rocks, and metamorphic rocks, i.e., rocks of all origins.)

Gravity (mobile) groundwater in the saturated zone is constantly moving from areas where it is recharged to
areas where it discharges at land surface or into surface water bodies. As mentioned earlier, this flow of
groundwater is much slower compared to the flow of surface water (Figure 1.4). Some notable exceptions include
groundwater flow in karst aquifers where it may be rather fast through karst conduits and cavities, and in very
coarse unconsolidated deposits, such as clean glaciofluvial gravels, where groundwater velocity can be high as
well.
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As discussed by Kresic and Mikszewski (2013), typically only a few of the general water budget components
shown in Figure 1.5 would be of interest at any specific site (project), except for some groundwater availability
studies at watershed scales. Common to most of them, including groundwater recharge, is that they cannot be
measured directly and are estimated from measurements of related quantities, or parameters. Exceptions are direct
measurements of precipitation, streamflow, spring discharge rates, and well pumping rates. Other important
quantities that can be measured directly and can be used in water budget calculations are the hydraulic head (i.e.,
water level), of both groundwater and surface water, and soil moisture content.

Figure 1.4 Groundwater flow paths
vary greatly in length, depth, and
travel time from points of recharge
to points of discharge in the
groundwater system. Modified from
Healy et al., 2007. USGS, in public

domain.

Water budget terms are often used interchangeably, sometimes causing confusion. In general, infiltration
refers to any water movement from the land surface into the subsurface. This water is sometimes called potential
recharge indicating that only a
portion of it may eventually
reach the water table, or
saturated zone . The term actual
recharge is being increasingly
used to avoid any possible
confusion; it is the portion of
infiltrated water that reaches the
aquifer, and it is confirmed based
on groundwater studies.

Figure 1.5 Elements of the water
budget of a groundwater system.
Modified from Kresic, 2009.
Copyright McGraw Hill; permission
is required for further use.
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The most obvious confirmation that actual groundwater recharge is taking place is a rise in the water table.
Effective infiltration, or deep percolation, refers to water movement below the root zone, and is often equated to
actual recharge. In hydrologic studies, the term effective rainfall describes the amount of precipitation that reaches
surface streams via direct overland flow or near-surface flow called inferflow. Rainfall excess describes the
component of rainfall that generates surface runoff without infiltrating into the subsurface. Interception is the
amount of rainfall that is intercepted by vegetative cover before it reaches land surface, and it is not available for
either infiltration or surface runoff.

The term net recharge is being used to distinguish between the following two water fluxes: recharge reaching
the water table due to vertical downward flux from the unsaturated zone, and evapotranspiration from the water
table, which is an upward flux, or negative recharge. Areal recharge refers to recharge derived from precipitation
and irrigation that occurs over large areas, whereas concentrated recharge refers to loss of stagnant water from
playas, lakes and recharge basins or loss of flowing stream water to the subsurface via sinks and/or over well-
defined stretches of the stream.

The complexity of the water budget determination depends on many natural and anthropogenic factors present
in the general area of interest, such as:

e C(Climate

e Hydrography and hydrology

e Geologic and geomorphologic characteristics

e Hydrogeologic characteristics of the surficial soils and subsurface porous media
e Land cover and land use

e Presence and operations of artificial surface water reservoirs

e Surface water and groundwater withdrawals for consumptive use and irrigation
e  Wastewater management

The most general equation of water budget that can be applied to any water system has the following form:
Water Input - Water Output = Change in Storage (1.1)

Water budget equations can be written in terms of volumes (for a fixed time interval), fluxes (volume per time,
such as cubic meters per day or acre-feet per year), and flux densities (volume per unit area of land surface per
time, such as millimeters or inches per day). Following are some of the relationships between the components
shown in Figure 1.5 that can be utilized in quantitative water budget analyses of the unconfined aquifer (ua) in
this case:

I=P—-SR—ET

I'=1Ig +les +1sp

P = SR+ Iy,

Qss = Pep + Qpur + Qo
out =R+ Qp' —L
out = Qin L — Qour

AS =R+ QM + L — QU4 (1.2)
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where / is infiltration in general, SR is surface water runoff, £7 is evapotranspiration, /. is infiltration from surface
runoff, Jes is infiltration from surface water reservoirs, I is infiltration from snow pack and glaciers, R is
groundwater recharge in general, ET) is evapotranspiration from the water table, Peris effective precipitation, I
is interflow, Qg is surface stream flow, Oy, is direct discharge of the unconfined (#a) and confined (ca) aquifers,

QOin are lateral groundwater inflows to the unconfined (u«) and confined (ca) aquifers, L is leakance from the
unconfined aquifer to the underlying confined aquifer and vice-versa, Qp,; is well pumpage, and A4S is change in
storage of the unconfined aquifer. If the area is irrigated, two more components would be added to the list:
infiltration and surface runoff of the irrigation water.

Ideally, all applicable relationships at a given site would have to be established to fully quantify the processes
governing the water budget including volumes of water stored in and flowing between the three general reservoirs
—surface water, vadose zone, and saturated zone. By default, a change in one of the many water budget components
causes a “chain reaction” and influences all other components. These reactions take place with a certain delay,
depending on both the actual physical movement of water and the hydraulic and hydrogeologic characteristics of
the three general reservoirs.

1.2 Groundwater Use

Water use is a general term that refers to water used for a specific purpose, such as for domestic and public
water supply, irrigation, or industrial processing. Water use pertains to human interaction with, and influence on
the hydrologic cycle. It includes elements such as water withdrawal from surface water and groundwater sources,
water delivery to irrigated land, homes, and businesses, consumptive use of water, water released from wastewater
treatment plants, water returned to the environment, and in-stream uses such as production of electricity in
hydropower plants. Consumptive use, or consumed water, is that part of water withdrawn that is evaporated,
transpired by plants, incorporated into products or crops, consumed by humans or livestock, or otherwise removed
from the immediate water environment (USGS, 2007). It is very important to make a distinction between water
withdrawal and water consumption during resource evaluation. For example, not all water withdrawn for irrigation
purposes and applied to farmland will be consumed. Depending on the irrigation method, more or less diverted
water will return to its original source or another body of water (e.g., surface streams and aquifers) due to drainage,
runoff and infiltration. This portion of the withdrawn water, called return flow, becomes available for further use.

Following is a list of terms commonly used by the water industry and regulators in the United States (USGS,
2007; USEPA, 2007).

Public supply. Water withdrawn by public governments and agencies, such as a county water department, and by
private companies that is then delivered to users. Public suppliers provide water for domestic, commercial,
thermoelectric power, industrial, and public water users. Most household water is delivered by a public water
supplier.

Municipal (public) water system. A water system that has at least five service connections (such as households,
businesses, or schools) or which regularly serves 25 individuals for at least 60 days out of the year.

Water supply system. The collection, treatment, storage, and distribution of potable water from source to consumer.
Water purveyor. A public utility, mutual water company (including privately owned), county water district, or
municipality that delivers drinking water to customers.

Potable water. Water that is safe for drinking and cooking.
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Water quality criteria. Levels of water quality expected to render a body of water suitable for its designated use.
Criteria are based on specific levels of pollutants that would make the water harmful if used for drinking,
swimming, farming, fish production, or industrial processes.

Water quality standards. State-adopted and EPA-approved ambient standards for water bodies. The standards
prescribe the use of the water body and establish the water quality criteria that must be met to protect designated
uses.

Public water use. Water supplied from a public water supply and used for such purposes as firefighting, street
washing, and municipal parks and swimming pools.

Domestic water use. Water used for household purposes, such as drinking, food preparation, bathing, washing
clothes, dishes, pets, flushing toilets, and watering lawns and gardens. About 85% of domestic water is delivered
to homes by a public-supply facility, such as a county water department. About 15% of the nation's population
supplies its own water, mainly from wells.

Commercial water use. Water used for motels, hotels, restaurants, office buildings, commercial facilities, and
institutions. Water for commercial uses comes both from public-supplied sources, such as a county water
department, and self-supplied sources, such as local wells.

Industrial water use. Water used for industrial purposes in such industries as steel, chemical, paper, and petroleum
refining. Nationally, water for industrial uses comes mainly (80%) from self-supplied sources, such as local wells
or withdrawal points in a river, but some water comes from public-supplied sources, such as the county/city water
department.

Irrigation water use. Water application on lands to assist in the growing of crops and pastures or to maintain
vegetative growth in recreational lands, such as parks and golf courses.

Livestock water use. Water used for livestock watering, feedlots, dairy operations, fish farming, and other on-farm
needs.

Sanitation. Control of physical factors in the human environment that could harm development, health, or survival.
Sanitary water (also known as gray water). Water discharged from sinks, showers, kitchens, or other non-
industrial operations, but not from commodes.

Wastewater. The spent or used water from a home, community, farm, or industry that contains dissolved or
suspended matter.

Water pollution. The presence in water of enough harmful or objectionable material to damage the water's quality.
Treated wastewater. Wastewater that has been subjected to one or more physical, chemical, and biological
processes to reduce its potential of being health hazard.

Reclaimed wastewater. Treated wastewater that can be used for beneficial purposes, such as irrigating certain
plants.

Publicly owned treatment works (POTWs). A waste-treatment works owned by a state, unit of local government,
or Native American tribe, usually designed to treat domestic wastewaters.

Groundwater, about 93% of all freshwaters on the continents outside polar regions, is by far the most abundant
and readily available water supply source, followed by mountainous ice caps and glaciers, lakes, reservoirs,
wetlands, and rivers (Figure 1.2-Left). About 1.5 billion people depended upon groundwater for their drinking
water supply at the end of the 20th century (WRI, 1998). The amount of total groundwater withdrawn annually
was roughly estimated at about 20% of global water withdrawals at the end of the 20th century (WMO, 1997) and
at 26% in 2010 (Margat and van der Gun, 2013). The three countries that withdraw the most groundwater annually
are India (251 km?/year in 2010), China (112 km*/year) and the United States (also 112 km?/year), with the next
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two countries, Pakistan and Iran, using roughly one-half of what is extracted in the U.S. and China, or about 64-
65 km®/year (Margat and van der Gun, 2013).

Agriculture consumes the most water worldwide. It accounted for 67% of the world’s total freshwater
withdrawal (surface water and groundwater), and 86% of its consumption in the year 2000 (UNEP, 2007).
Similarly, groundwater used in agriculture was of disproportionally higher percentage compared to any other
groundwater uses: 89% in India, 54% in China, 71% in the U.S., 94% in Pakistan, 72% in Mexico, 92% in Saudi
Arabia, and 67% in Italy. By 2025, worldwide agriculture is expected to increase its water requirements by 1.2
times, and the world’s irrigation areas are projected to reach about 330 million hectares, up from approximately
253 million hectares in 1995 (Shiklomanov, 1999).

In the United States, groundwater accounted for 26% of all freshwater withdrawals in 2015 (Table 1.1). After
excluding withdrawals for thermoelectric power, the percentage of groundwater used for all other purposes was
44.5%. Irrigation was the second largest use of freshwater with a relatively even split: 48% was from groundwater
and 52% from surface water. Domestic water supply was virtually all dependent on groundwater, whereas surface
water was utilized more for public water supply than groundwater, 61% vs. 39%.

Table 1.1 Use and source of water in the United States in 2015, in millions of gallons per day. Data from Dieter
et al., 2018, USGS (available at https://www.usgs.gov/media/images/source-and-use-water-us-2015).

Figure 1.6 shows withdrawal of surface water and groundwater in the United States between 1950 and 2015
together with the population trend. The drop in total freshwater withdrawals in 2015 was primarily caused by
significant decreases in withdrawals for thermoelectric power (28.8 billion gallons per day or Bgal/d), which
accounted for 89 percent of the decrease in total withdrawals. The decrease in surface water withdrawals accounted
for another 9 percent of the decline in total withdrawals. Groundwater withdrawals remained steady between 1975
and 2015. Categories of use where withdrawals increased from 2010-2015 were irrigation and mining.

The percentage of groundwater use for public supply increased from 26 percent for 1950 to 40 percent for
1985 and has remained at slightly less than 40 percent since 1985. Figure 1.7 shows that groundwater was an
important source of public water supply for every state in 2015. Three States, California, Florida, and Texas each
withdrew more than 1,000 Mgal/d of groundwater for public supply in 2015 and accounted for 37 percent of total
groundwater withdrawals for public supply nationwide. States that relied on groundwater for 75 percent or more
of their public-supply withdrawals were Hawaii, Idaho, Florida, Mississippi, lowa, and Nebraska.

Estimated withdrawals for self-supplied domestic use increased by 71 percent between 1950 and 2000. The
self-supplied domestic population was 57.5 million people for 1950, or 38 percent of the total population. For
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2000, 43.5 million people, or 15 percent of the total population, were self-supplied (Hutson et al., 2004). Data after
2000 is not readily available but it can be assumed that there was not a significant increase in the number of people
relying on self-supply as population growth has been occurring mainly in urban areas and suburbs with public
water supply systems.

Irrigation remained the largest use of freshwater in the U.S. Since 1950, it accounted for between 62 and 65
percent of total water withdrawals, excluding those for thermoelectric power. Historically, more surface water
than groundwater has been used for irrigation. However, the percentage of total irrigation withdrawals from
groundwater has continued to increase, from 23 percent in 1950 to 48 percent in 2015. Irrigated acreage more than
doubled between 1950 and 1980, then remained constant before increasing nearly 7 percent between 1995 and
2000 in response to droughts in some
states, especially in the Southwest.
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Figure 1.6 Trends in population and freshwater withdrawals in the United States by source, 1950-2015. Modified from Dieter
et al., 2018. USGS, in public domain.

Figure 1.7 Groundwater as percentage of
total public-supply water withdrawal in the
United States in 2015 per state. Raw data
from Dieter et al., 2018, USGS, in public
domain.

In general, there is an increasing reliance on irrigation in the humid East, and a northward redistribution of
irrigation in the West (Figure 1.8-Lef?). In recent decades, large concentrations of irrigation have emerged in humid
areas—Florida, Georgia, the Delmarva Peninsula (Eastern Delaware and Maryland) and especially in the
Mississippi River Valley, primarily Arkansas and Mississippi (Gollehon and Quinby, 2006). Groundwater
supplied most of the irrigation water in the eastern 37 states, the area that experienced the largest irrigation growth
in the last decade of the 20th century. Most withdrawals occur in the arid Western States where irrigated production
is concentrated. In 2000, about 85 percent of total agricultural withdrawals occurred in a 19-State area
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encompassing the Plains, Mountain, and Pacific regions. In the Mountain region, over 90 percent of the water
withdrawn is used by agriculture, almost all of which (96 percent) is used for irrigation.

Figure 1.8 Left. Distribution of irrigated land on farms in the United States. One dot represents 5,000 irrigated acres. From
Gollehon and Quinby, 2006. U.S. Department of Agriculture, in public domain. Right: Center pivot irrigation on wheat
growing in Yuma County, Colorado using LESA (Low Elevation Spray Application) system. This type of application uses
the least water and reduces evaporation. Photo courtesy of Gene Alexander, USDA National Resources Conservation Service,
in public domain.

Water withdrawals are not the only measure of water use. Consumptive use—the water not returned to the
immediate water environment—is much greater for agriculture than any other sector, both in total and as a share
of water withdrawn. Estimates available from 1960 through 1995 show that agriculture accounts for over 80
percent of the United States’ consumptive use, because a high share of applied irrigation water is used by plants
for evapotranspiration (building of biomass), with little returning to surface water or groundwater. Water diverted
for cooling thermoelectric plants tends to be used as a thermal sink, with much of it returned to rivers and streams.
Greater irrigation withdrawals do not necessarily translate into greater consumptive use per irrigated acre. The
difference between withdrawals and consumptive use highlights the importance of losses, runoff, and return flows
(Gollehon and Quinby, 2006).

1.3 Hydrogeology Professions

Hydrogeology professions are as diverse as the many aspects of groundwater science and engineering. Just
like the name conveys, a hydrogeologist is at the crossroads of geology and water-related jobs, in their broadest
sense. While a novice hydrogeologist may often be engaged in field data collection and general assessments
(similarly to a “family practice” medical doctor), senior hydrogeologists tend to specialize. In either case, however,
it is expected that practicing hydrogeologists have excellent quantitative skills including application of computer
programs for solving various engineering and water resource management problems at hand. Moreover, since
almost all problems in hydrogeologic engineering include calculations of groundwater flow and velocity, and
increasingly the fate and transport of groundwater contaminants, the basic knowledge of fluid mechanics and an
understanding and quantification of biochemical reactions in the subsurface are in many cases requirements for a
successful hydrogeologic practice.

Although a few different job titles may be used in academic circles, the industry, and the regulatory community
to describe groundwater-related jobs, such as hydrogeologist, groundwater hydrologist, hydrologist, or
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groundwater engineer, in every case the work must include dealing with groundwater in some way. At the same
time, as discussed earlier, groundwater is inseparable from surface water as they both belong to the same
hydrologic cycle and are best understood and managed when considered as one infegrated water resource.
Consequently, there is often an overlap between groundwater professions and surface water professions, and it is
only to the benefit of both if the practitioners are cross trained to some extent, either formally or through
professional practice.

Entry-level hydrogeologist jobs tend to involve more field work such as oversight of the installation of
piezometers and wells (for water-supply, dewatering, monitoring, and sampling), groundwater sampling, borehole
logging, hydrogeologic reconnaissance and mapping, field testing of wells (pumping tests, slug tests, packer tests),
tracer testing, and others. This data collection effort is supplemented with a fair share of data entry, analysis, and
visualization with the help of various maps, cross-sections, graphs, and schematics.

Mid-level hydrogeologists tend to spend equal or more time in the office designing the field investigations
and analyzing the data collected from all sources (field, literature, laboratory, and others) with the goal of
developing a conceptual site model (CSM) for their project. This CSM will be utilized to provide answers, both
qualitative and quantitative, to a variety of questions key to the project decision-making process. A successful
hydrogeologist will be well-versed in using a Geographic Information System (GIS) and several other industry-
standard software programs for contouring, graphing, and otherwise presenting the data and key CSM elements in
a visually pleasing and easily understood manner. They will be comfortable using various analytical programs and
numeric groundwater models.

Traditionally, hydrogeologists are separated roughly into two major groups:

(1) Physical hydrogeologists focusing on water supply and non-contaminant groundwater engineering. Typical
jobs include assessment, development (extraction), and management of groundwater resources and sources;
groundwater dewatering at mines, construction, and transportation sites; agricultural drainage and irrigation; flood
control; designing artificial reservoirs, dams, and levees; artificial groundwater recharge, and others.

(2) Contaminant hydrogeologists focusing on human health and the environmental risk assessment (i.e.,
environmental impacts caused by contaminated groundwater), and groundwater remediation, i.e., aquifer
restoration to beneficial uses.

This division is somewhat artificial since all hydrogeologists, most of the time, work on same basic problems
regardless of the final goal of any groundwater project. They also often work on both types of projects (non-
contaminant and contaminant), especially if employed by larger engineering and environmental consultancy firms.
And they all must provide answers to the following key questions (modified from Kresic and Mikszewski, 2013):

o  Where is the groundwater flowing from and where is it flowing to?
e Through which type of porous media is it flowing?

e How much of it is there, and how fast is it flowing?

e How/where is it recharged and how/where it discharges?

e How did the groundwater system behave in the past, and how will it change in the future based on both
natural and anthropogenic influences?

e  When the groundwater is contaminated, a CSM (conceptual site model) also includes answers to similar
general questions regarding the contaminant(s).

Specializations in hydrogeology are quite diverse, but still with a clear understanding that all basic
hydrogeology knowledge listed above and typically acquired in college and/or through field work experience and
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on-the-job training is required by default. Senior practitioners may further focus on optimization of groundwater
extraction (withdrawal) technologies and techniques, providing design specifications and drawings. Or they may
specialize in the application and development of high-end numeric groundwater models and/or software programs
and use them to provide quantitative simulations, predictions, and groundwater engineering or remediation design
parameters. They may prefer working on a specific groundwater remediation technology such as efficient delivery
of reactive fluids into the subsurface (aquifer) that will destroy or neutralize groundwater contaminants. They may
specialize in developing strategies and specific plans for conjunctive use of surface water and groundwater for
large utilities and municipalities. They may like the challenge of using renewable sources of energy and focus on
utilization of geothermal energy. Or, sometimes, they like being expert witnesses in multi-million-dollar lawsuits
involving adverse impacts of contaminated groundwater on human health and the environment, or a high-value
groundwater resource (source).

The U.S. Bureau of Labor Statistics (BLS) predicts employment in hydrology (19-2043 Hydrologists) will
grow by 5% until 2029, listing a median annual wage of $81,270 ($93,820 at management, scientific, and technical
consulting services; the highest 10% earn more than $127,400.) A Geoscientist occupation (19-2042) had a median
annual wage of $92,040 in 2019, driven largely by mining, quarrying, and oil and gas extraction, and the same
growth rate of 5% until 2029. The job outlook for environmental engineers is estimated to increase by 3%; on
average they earn about $7,000 more than hydrologists. Environmental scientists on average earn $10,000 less
than hydrologists annually, but their job outlook is predicted to grow by 8% by 2029.

In the case of hydrogeologists, hydrologists, and environmental scientists, this above-average job outlook is
based on increased demands for water supply in many human activities including public drinking water supply,
agriculture, food production, and mining, to name a few, as well as continuously increasing stress on the
environment caused by human activities. In addition, environmental concerns related to global climate change and
the potential rise in sea-level are also likely to increase demand for hydrologists, hydrogeologists, and
environmental scientists in the U.S. and worldwide. It should be noted that BLS does not specifically recognize
hydrogeology as an occupation for their statistical analyses, but their definition of “hydrologists” does include a
groundwater aspect as well. More information about the wage distribution and employment prospects in different
states in the United Sates, including detail statistics and maps, is available at www.bls.gov.

Top employers for hydrogeologists and hydrologists are the Federal Executive Branch; State Governments;
Management, Scientific, and Technical Consulting Services; Architectural, Engineering, and Related Services;
and Local Governments. The BLS reports that most jobs in these fields now require a master's degree. Although
master's programs in geosciences are available at many universities, a very small number of universities in the
U.S. offer a comprehensive graduate program in hydrogeology. Instead, undergraduate programs at larger
universities may feature a basic level course dedicated to hydrogeology and/or hydrology and may include lab or
field experience. Consequently, professionals with hydrogeology degrees are in high demand.
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Lecture 2 Porosity and Hydraulic Characteristics of
Porous Media

2.1 Porosity and Effective Porosity

The nature of the porosity of porous media (sediments and all rocks in general) is the single most important
factor in determining the storage and movement of groundwater in the subsurface. Many quantitative parameters
describing “life cycle” of water and contaminants (when present) within a groundwater system directly or
indirectly depend on porosity. Here are just a few: infiltration of precipitation into the subsurface, rock (sediment)
permeability, groundwater velocity, volume of water that can be extracted from the groundwater system, and
diffusion of contaminants into the porous media. The following discussion is based primarily on materials
presented by Kresic (2007 and 2009) and various authors of the United States Geological Survey (USGS).

Porosity (n) is defined as the percentage of voids (empty space occupied by water or air) in the total volume
of rock, which includes both solids and voids:

n="r % 100%
V (2.1

where ¥, is the volume of all rock voids and Vis the total volume of rock (in geologic terms, rock refers to soils,
unconsolidated and consolidated sediments, magmatic and metamorphic rocks, or any type of rock in general).
Assuming the specific gravity of water equals unity, the total porosity, as a percentage, can be expressed in four
different ways (Lohman, 1972):

V. v 14
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where 7 is the porosity, in percent per volume; V is the total volume; V; is the volume of all interstices (voids);
Vi is the aggregate volume of mineral (solid) particles; V,, is the volume of water in a saturated sample. Porosity
can also be expressed as:

n=Pr"Pd _1_Pdi 11009
P P (2.3)

where Py, is the average density of mineral particles (grain density); p4 is the density of a dry sample (bulk density).

The shape, amount, distribution, and interconnectivity of voids influence the permeability of rocks. Voids, on
the other hand, depend on the depositional mechanisms of unconsolidated and consolidated sedimentary rocks,
and on various other geologic processes that affect all rocks during and after their formation. Primary porosity is
the porosity formed during the formation of rock itself, such as voids between the grains of sand, voids between
minerals in hard (consolidated) rocks, or bedding planes of sedimentary rocks. Secondary porosity is created after
the rock formation, mainly due to tectonic forces (faulting and folding) which create micro and macro fissures,
fractures, faults, and fault zones in solid rocks. Both the primary and secondary porosities can be successively
altered multiple times, thus completely changing the original nature of the rock porosity. These changes may result
in porosity decrease, increase, or altering of the degree of void interconnectivity without a significant change in
the overall void volume.
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Lecture 2 Porosity and Characteristics of Porous Media

The following discussion by Meinzer (1923a), and the figure that accompanies it (Figure 2.1) is probably the
most cited explanation of rock porosity, and one can hardly add anything to it.
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Figure 2.1. Diagram showing several types of rock interstices and the relation of rock texture to porosity. A: well-sorted
sedimentary deposit having high porosity; B: poorly sorted sedimentary deposit having low porosity; C: well-sorted
sedimentary deposit consisting of pebbles that are themselves porous, so that the deposit as a whole has a very high porosity;
D: well-sorted sedimentary deposit whose porosity has been diminished by the deposition of mineral matter in the interstices;
E: rock rendered porous by solution; F, rock rendered porous by fracturing. Modified from Meinzer, 1923a. USGS, in public
domain.

The porosity of a sedimentary deposit depends chiefly on (1) the shape and arrangement of its constituent particles,
(2) the degree of assortment of its particles, (3) the cementation and compacting to which it has been subjected
since its deposition, (4) the removal of mineral matter through solution by percolating waters, and (5) the
fracturing of the rock, resulting in joints and other openings. Well-sorted deposits of uncemented gravel, sand, or
silt have a high porosity, regardless of whether they consist of large or small grains. If, however, the material is
poorly sorted small particles occupy the spaces between the larger ones, still smaller ones occupy the spaces
between these small particles, and so on, with the result that the porosity is greatly reduced (Figure 2.1.A and B).
Boulder clay, which is an unassorted mixture of glacial drift containing particles of great variety in size, may have
a very low porosity, whereas outwash gravel and sand, derived from the same source but assorted by running
water, may be highly porous. Well-sorted uncemented gravel may be composed of pebbles that are themselves
porous, so that the deposit as a whole has a very high porosity (Figure 2.1.C). Well-sorted porous gravel, sand,
or silt may gradually have its interstices filled with mineral matter deposited out of solution from percolating
waters, and under extreme conditions it may become a practically impervious conglomerate or quartzite of very
low porosity (Figure 2.1.D). On the other hand, relatively soluble rock, such as limestone, though originally dense,
may become cavernous as a result of the removal of part of its substance through the solvent action of percolating
water (Figure 2.1.E). Furthermore hard, brittle rock, such as limestone, hard sandstone, or most igneous and
metamorphic rocks, may acquire large interstices through fracturing that results from shrinkage or deformation
of the rocks or through other agencies (Figure 2.1.F). Solution channels and fractures may be large and of great
practical importance, but they are rarely abundant enough to give an otherwise dense rock a high porosity.

The porosity of unconsolidated sediments (gravel, sand, silt, and clay) is often called intergranular
(interparticle) porosity because the solids are loose grains (particles; see Figure 2.2-Left and Figure 2.3). When
such rocks become consolidated, the former intergranular porosity is called matrix porosity. In general, the term
matrix porosity is applied to primary porosity of all consolidated (hard) rocks, such as porosity between mineral
grains (minerals) in granite, gneiss, slate, or basalt. Some unconsolidated or loosely consolidated (semi-
consolidated) rocks may contain fissures and fractures, in which case the non-fracture portion of the overall
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porosity is also called matrix porosity. Good examples are fractured clays and glacial till sediments, or residuum
deposits which have preserved the fabric of the original bedrock in the form of fractures and bedding planes.

Sometimes, microscopic fissures in rocks are also considered part of the matrix porosity (Figure 2.2-Right) as
opposed to larger fissures and fractures called macroporosity. In general, rocks that have both the matrix and the
fracture porosity are referred to as dual-porosity media. This distinction is important in terms of groundwater flow,
which has very different characteristics in fractures and conduits compared to the bulk of the rock. It is also
important in contaminant fate and transport analysis, especially when contaminant concentrations are high causing
its diffusion into the rock matrix where it can remain for long periods of time. Figures 2.2 through 2.8 help illustrate
the very diverse nature of rock porosity at different scales. Average total porosity and porosity ranges for various
rock types are shown in Figure 2.7. Raw data for this analysis, compiled by the USGS, include thousands rock
samples from around the world and can be found in Wolff (1982) and Kresic (2007).

Figure 2.2 Left: Details of sorting in gravel of
the Provo formation east of Springville. Utah
County, Utah. Circa 1940. Courtesy USGS
Photographic Library, 2007.
(https://library.usgs.gov/photo/#/)

Right: Photomicrograph of feldspar rich
sandstone (arkose). a) arrows point to pore
spaces between individual sandstone grains. b)
arrow points to an intra-granular discontinuity
between a feldspar crystal and surrounding
ground mass. Note the scale of 100 microns.
Courtesy of Jeff Manuszak.

Figure 2.3 Left: photograph of coarse alluvial
sand with gravel. Right: ESM (Electron
Scanning Microscope) image of uniform, pure
quartz sand. Photo courtesy of Dr. Scott
Chumbley, Iowa State University.)

Figure 2.4 Left: ESM image of clay-rich
residuum on top of metamorphic basalt,
Piedmont, Virginia. Macropores (black areas)
provide for moderate permeability, while clay
minerals provide for high overall porosity.
Courtesy of Dr. Scott Chumbley, Iowa State
University. Right: Magnesium-rich chlorite,
Rotliegend, Northern Germany. Photo courtesy
of M. Roe, Macaulay Institute.

When studying and observing porosity from the hydrogeologic perspective, it is very important to make a very
clear distinction between the total porosity and the effective porosity of the rock. It is, however, unfortunate that
some widely used hydrogeology textbooks do not make such distinction and even hypothesize that there is no such
thing as effective porosity since “water molecules are shown to be able to move through any pore size”. The
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following discussion by Meinzer (1932) may help in explaining why using the appropriate “form of porosity” and
the appropriate corresponding number in quantitative hydrogeologic analyses does matter:

Figure 2.5 ESM images of two different types of
sandstone. Left: quartz grains and maybe feldspar
grains coated with clay minerals; the clay minerals
are likely illite and/or chlorite. Photo courtesy of
James Talbot; copyright 2000, James Talbot, K/T
GeoServices, Inc.  Right: loosely cemented
sandstone with high porosity. Photo courtesy of Dr.
Fred Longstaffe, The University of Western
Ontario, Canada.

Figure 2.6 Upper left: Honeycombed sandstone in Mesa Verde. Upper right: Coarse gravel. Middle left: Fractured marlstone.
Middle right: very loosely cemented and stratified fine sand. Lower left: Stratified alluvial sediments, gravel, sand, and silt.
Lower right: Massive fractured sandstone (top) underlined by layers of shale and siltstone. All lithologies shown have
relatively high and similar overall porosity, with marlstone, shales, and silts being considerably less permeable because of the

clay content.
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Figure 2.7 Porosity range (horizontal bars) and average total porosities (circles) of different types of rocks. Modified from
Kresic, 2007. Copyright CRC Taylor & Francis; permission is required for further use. Raw data from Wolff, 1984. USGS,
in public domain.
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To determine the flow of ground water, however, a third factor, which has been called the effective porosity,

must be applied. Much of the cross section is occupied by rock and by water that is securely attached to the
rock surfaces by molecular attraction. The area through which the water is flowing is therefore less than the
area of the cross section of the water-bearing material and may be only a small fraction of that area. In a
coarse, clean gravel, which has only large interstices, the effective porosity may be virtually the same as the
actual porosity, or percentage of pore space; but in a fine-grained or poorly assorted material the effect of
attached water may become very great, and the effective porosity may be much less than the actual porosity.

Clay may have a high porosity but may be entirely impermeable and hence have an effective porosity of zero.

The effective porosity of very fine grained materials is generally not of great consequence in determinations
of total flow, because in these materials the velocity is so slow that the computed flow, with any assumed
effective porosity, is likely to be relatively slight or entirely negligible. The problem of determining effective

porosity, as distinguished from actual porosity, is, however, important in studying the general run of water-
bearing materials, which are neither extremely fine nor extremely coarse and clean. Hitherto not much work
has been done on this phase of the velocity methods of determining rate of flow. No distinction has generally
been made between actual and effective porosity, and frequently a factor of 33 1/3 per cent has been used,

apparently without even making a test of the porosity. It is certain that the effective porosity of different water-
bearing materials ranges between wide limits and that it must be at least roughly determined if reliable results
as to rate of flow are to be obtained. It would seem that each field test of velocity should be supplemented by
a laboratory test of effective porosity, for which the laboratory apparatus devised by Slichter (1905) could be
used.

One of the reasons why some professionals today chose to ignore statements like this one by Meinzer, is that
determining the effective porosity is not straightforward since there is no one “magic” method of doing so, and
different methods yield different results (e.g., see Stephens et al., 1998). On the other hand, determining the total
porosity of a rock specimen has been a routine procedure for more than a century, as it involves simple volumetric-
gravimetric techniques, i.e., measurement of simple quantities listed in equations (2.2) and (2.3).

Effective porosity is often equated to specific yield of the porous material, or that volume of water in the pore
space that can be freely drained by gravity due to change in the hydraulic head. Effective porosity is also defined
as the volume of interconnected pore space that allows free gravity flow of groundwater. The volume of water
retained by the porous media, which cannot be easily drained by gravity, is called specific retention. Since drainage
of pore space by gravity may take long periods of time, especially in fine-grained sediments, values of specific
yield determined by various laboratory and field methods during necessarily limited times are probably somewhat
lower than the “true” effective porosity. Specific yield determined by aquifer testing in the field is a lumped
hydrodynamic response to pumping by all porosity types (porous media) present in the aquifer. This value cannot
be easily related to values of total porosity, which are always determined in the laboratory for small samples. More
detail on aquifer specific yield is given in next section.

One important distinction between the specific yield and the effective porosity concepts is that the specific
yield relates to volume of water that can be freely extracted from an aquifer, while the effective porosity relates to

groundwater velocity and flow through the interconnected pore space. Unnecessary confusion is introduced by
some professionals trying to distinguish between the effective porosity for groundwater flow, and the effective

porosity for contaminant transport. If the contaminant is dissolved in groundwater, its advective transport will be
governed by the same effective porosity since it moves with groundwater. Diffusive transport of the contaminant
is its movement due to concentration gradient and is independent of the groundwater flow. Diffusion involves the
entire (total) porosity: molecules of the contaminant (and water) can move through minute pores, which would
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otherwise not allow free gravity flow. In conclusion, there are no two different effective porosities, and it is
sufficient to determine two values for any quantitative analysis of groundwater flow, or contaminant fate and
transport: one for the effective porosity, and one for the total porosity.

Figure 2.8 Example of secondary fracture porosity in granite.
Acadia National Park, Maine.

Most laboratory methods for determining effective porosity from the specific yield and specific retention
involve a complete saturation of the undisturbed rock specimen with water (fluid), and then removal of the fluid
by drainage. Alternatively, the fluid is first removed by forced drainage (e.g., by centrifuge), or by drying, and
then completely saturated with the fluid. In either case, the volume of fluid used to fully saturate the sample at a
given pressure, and the volume of fluid that can be drained are easily measured. Testing of low-permeable
materials and hard-rock cores may involve application of vacuum and pressures higher than the atmospheric
pressure and use of air or gasses such as helium. The pressures and procedures applied affect the degree or size of
interconnections measured. Drying clay samples at temperatures close to 100 °C and then fully saturating them
may yield erroneously high values of effective porosity as such temperatures are high enough to remove significant
volumes of otherwise immobile (hydrated) water stored between clay minerals that could not be removed by
drainage alone.

For all these reasons, a list of determined values of the effective porosity for different types of rocks, including
a clear explanation of what was exactly tested and how, does not exist to the best of author’s knowledge.
Unfortunately (again) some hydrogeology textbooks “offer” values for both the effective porosity and the specific
yield for clays and some other low-permeable rocks as high as 35 percent or more, without providing an
explanation of the unique method that discovered this amazing natural phenomenon. And some recent
hydrogeology publications available for free on the web list something even more amazing: the effective porosity
of certain rock types is listed higher than their total porosity!

In any case, regardless of the rock type, effective porosity is always smaller than total porosity.

To repeat this key fact: effective porosity of porous media (all sediments and all types of rocks in general) is
always smaller than the total porosity.

ASTM (American Society for Testing and Materials) standard D2325 (now superseded by ASTM D6836) can
be used to determine effective drainage porosity of medium to coarse grain sediments from water retention and
full saturation water content (Figure 2.9).

Total, and therefore effective porosity of consolidated rocks generally decreases with depth. Matrix porosity
decreases mainly due to compaction, while decrease in the secondary fracture porosity is a combination of two
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main factors: 1) high fracture density near land surface and at shallow depths as the result of over-relaxation due
to removal of the overlying solid matter by erosion, and 2) lower fracture density and smaller fracture aperture at
greater depths due to high pressures exerted by the overlying rock mass. In addition to its general decrease with
depth, the fracture porosity, even when fractures appear to be frequent and of notable size, is almost always much
lower than the surrounding matrix porosity of compact blocks which make up the bulk of the overall rock volume.
The following examples illustrate these two points.

Figure 2.9 Typical graph of a water retention test by
ASTM D2325, for two clean uniform beach sands. The
effective drainage porosity is found for an applied
pressure by subtracting the retained percent water (by
volume) from the full saturation percent water. Applied
pressure of 1 bar corresponds to free gravity drainage.
From Kresic, 1998. Copyright Law Engineering and
Environmental Services.

1. Groundwater in the granites and gneisses of Connecticut occurs largely in vertical joints, which have an
average spacing between 3 and 7 feet at the surface. At depths of more than 50 feet, the spacing is greater,
owing to the dying out of subordinate joints. At still greater depths there appear to be very few water-bearing
joints, 250 feet being the depth fixed as a limit beyond which is not advisable to drill for water. Of the
horizontal joints, almost all are limited to the upper few feet of the rock, being generally above the water
table. While the joints may be half an inch or more in width at the surface, they rapidly narrow with depth,
so that the common width in the upper 200 or 300 feet is 0.01 inch (Ellis, 1909).

2. In arock cut by three sets of fractures, each set with fractures spaced 5 feet apart, if the average thickness
of the void space in each fracture is 0.01 inch, the total void space represented by the fractures is only one-
twentieth of 1 percent of the total volume of the rock (Meinzer, 1923a).

Carbonate and sandstone aquifers are the most important consolidated rock aquifers worldwide (see Lecture
7). However, the nature of porosity in these two rock types is notably different as shown in Table 2.1. Most
importantly, in soluble carbonate rocks (such as limestone, dolomite, chalk, anhydrite, gypsum, marbles, and
carbonate conglomerates) the matrix and secondary porosity are enhanced and enlarged by the process of
karstification or dissolution of carbonate minerals by flowing water containing weak carbonic acid (Figure 2.10).
As can be seen from the Figure 2.7, limestone, the principal rock of karst aquifers worldwide, has the widest
porosity range of all rocks thanks to many different depositional environments and processes of its diagenesis
(conversion of lose carbonate sediment into consolidated rock). Since major oil fields around the world are hosted
in limestone and dolomite reservoirs, there is abundant literature on the porosity, diagenesis, and classification of
carbonate sedimentary rocks with classic works by Folk (1959, 1980) and Bathurst (1975) still holding on their
own. More on the process of karstification and karst aquifers is presented in Lecture 7.
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Figure 2.10 Left: Hydrogeology professor Dr. David Drew of Trinity College, Dublin, Ireland observing fractures enlarged
by limestone dissolution in the famous karst area of Ireland called Burren. Right: Spectacular karren “jungle”, limestones of
Maganik Mountain, Montenegro. Photo courtesy of Dobrislav Bajovi¢ Bajone.

Table 2.1 Comparison of porosity in sandstone and carbonate rocks (Choquette and Pray, 1970; Copyright AAPG, 1970,
reprinted by permission of the AAPG whose permission is required for further use).
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2.2 Groundwater Storage, Specific Yield, and Coefficient of Storage

Groundwater is stored in and withdrawn from storage or pore spaces (voids) within porous media (rocks) of
the saturated zone. An aquifer is a geologic formation, a group of formations, or a part of a formation that contains
sufficient saturated permeable material to yield significant quantities of water to wells and springs. A water-table
or unconfined aquifer is an aquifer whose upper water surface (water table or top of the saturated zone) is at
atmospheric pressure, and thus can freely rise and fall. Groundwater in aquifers between layers of poorly
permeable rock, such as clay or shale, is confined under pressure. If such aquifer is tapped by a well, water will
rise above the top of the aquifer and may even flow from the well onto the land surface. Water confined in this
way is said to be under artesian pressure, and the aquifer is called an artesian aquifer or a confined aquifer (USGS,
2022.)

Figure 2.11 Schematic of different groundwater
storage components in an unconfined aquifer.
Note that groundwater is constantly flowing in
both the dynamic and the static parts of the storage.
Modified from Milojevi¢, 1967. University of
Belgrade; acknowledgment required for further
use.

Figure 2.11 shows some key concepts of natural groundwater storage. The portion of the saturated zone that
changes its thickness in response to natural recharge patterns represents dynamic storage. This storage volume can
vary widely in time depending on seasonal and long-term fluctuations of precipitation and other sources of
groundwater (aquifer) recharge. Over a multiyear period spanning several natural cycles of wet and dry years, and
in the absence of artificial (anthropogenic) groundwater withdrawals, this part of the storage can be considered as
fully renewable. The portion of the saturated zone below the multiyear low water table has constant volume of
stored groundwater and is therefore referred to as long-term or static storage, even though groundwater in it is
constantly flowing. The static storage remains unchanged if the withdrawals equal the dynamic storage. In the
presence of artificial groundwater withdrawals, the long-term static storage can decrease if the extracted volume
of water exceeds the dynamic storage. This is called aquifer mining and is evidenced by the continuing excessive
decline of the water table of unconfined aquifers, or hydraulic head (piezometric surface) of confined aquifers (see
Lecture 5) or decrease of spring flows (Figure 2.12). When considering artificial aquifer recharge, the available
storage, i.e., that part of the vadose zone that can be safely filled up, is one of the key design parameters to be
characterized.

Examples of a catastrophic influence of aquifer pumping and mining on “groundwater reservoirs” (storage)
that sustain aquatic life and the environment in general are numerous, both in the United States and around the
world. One such example is Comanche Springs at Fort Stockton, Pecos County, Texas: “These artesian springs,
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issuing from a Comanchean limestone groundwater reservoir, formerly flowed as much as 66 ft*/s, and served the
Comanche and other Indians for uncounted hundreds of years. From 1875 on the springs were the basis for an
irrigation district which supplied water to 6,200 acres of cropland. Heavy pumping of the aquifer lowered the
water table so that the spring discharge began to fall off in May 1947. The irrigation district sought an injunction
in 1954 to restrain pumping which interfered with the normal flow of Comanche Springs. The injunction was
denied by the courts, and the springs ceased to flow in March 1961.” (Gunnar Brune, 1975: Major and Historical
Springs of Texas, Texas Water Development Board Report 189, Austin.)

Figure 2.12 Top: Mean daily discharge hydrograph of Comanche Springs in Fort Stockton, Texas. USGS, 2008; in public
domain. Bottom: Aerial view of Comanche Springs pool in 1938, at the time a popular tourist destination in Fort Stockton,
Texas. The springs ceased to flow due to excessive groundwater pumping for irrigation. Photo courtesy of Fort Stockton
Historical Society.

Two very different mechanisms are responsible for groundwater release from storage in unconfined and
confined aquifers. Respectively, they are explained with two quantitative parameters — specific yield and
coefficient of storage.

Specific yield of the porous material is defined as the volume of water in the pore space that can be freely
drained by gravity due to lowering of the water table. The volume of water retained by the porous media, which
cannot be easily drained by gravity, is called specific retention. Together, the specific yield and the specific
retention are equal to the total porosity of the porous medium (rock).

Since drainage of pore space by gravity may take long periods of time, especially in fine-grained sediments,
values of specific yield determined by various laboratory and field methods are likely somewhat lower than the
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true values due to limited testing times. A long-term aquifer pumping test, or a continuous monitoring of the
hydraulic head increase due to a known recharge, are arguably the most reliable methods of determining the value
of specific yield, which is one of the key parameters for defining quantities of extractable groundwater. These tests
provide a long-term lumped hydrodynamic response to pumping (or recharge) by all porous media present in the
groundwater system. Consequently, the value of specific yield obtained from such tests cannot be explicitly related
to values of effective porosity, even though these two parameters have been often equated by working
professionals.

Values of specific yield are readily found in literature and as expected, vary widely due to inevitable
heterogeneity of natural aquifers and different field-testing methods. Unfortunately, some hydrogeology textbooks
“offer” values for both the effective porosity and the specific yield for clays and some other low-permeable rocks
as high as 35 percent or more, without providing an explanation of the unique method that discovered this amazing
natural phenomenon.

Figure 2.13 shows values of average total porosity of uniform unconsolidated sediments (clay through coarse
sand) processed from data provided by Wolff (1982) and Kresic (2007), versus specific yield values listed by
Johnson (1967). Total porosity values for gravel were not available, as it is usually not feasible to collect
undisturbed gravel samples in the field. However, as first demonstrated by Slichter (1899), uniform sand and
uniform gravel of the same grain packing (spatial arrangement of grains) have the same theoretical porosity
regardless of the grain size. Professional judgment should be exercised when using this graph for site-specific
calculations since it shows that the specific yield has a range of possible values, even for uniform materials. In
general, presence of fine-grained sediments such as silt and clay, even in relatively small quantities, can greatly
reduce specific yield (effective porosity) of sands and gravels. This is illustrated in Figure 2.14 which can be used
to find specific yield (and effective porosity) for various heterogeneous mixtures of sand, silt, and clay. A very
detail discussion of the specific yield concept, various methods of measurements, and case studies is given by
Johnson (1967).

Figure 2.13 Total porosity vs.
specific yield. Data from Wolff
(1982) and Johnson (1967).
USGS, in public domain.

The main challenge in using specific yield and effective porosity interchangeably is that values of effective
(and total) porosity are often determined in the laboratory for small samples and must be extrapolated (upscaled)
to real field conditions, i.e., to a much larger aquifer volume. One important distinction between the specific yield
and the effective porosity concepts is that the specific yield relates to volume of water that can be freely extracted
from an aquifer, while the effective porosity relates to groundwater flow through the interconnected pore space.
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In any case, using total (instead of effective) porosity for calculations of extractable volumes of water would
be completely erroneous, as pointed out by Meinzer (1923) in one of his classic publications:

The importance of water that a saturated rock will furnish, and hence its value as a source of water supply,
depends on its specific yield — not on its porosity. Clayey or silty formations may contain vast amounts of water
and yet be unproductive and worthless for water supply, whereas a compact but fractured rock may contain much
less water and yet yield abundantly. To estimate the water supply obtainable from a given deposit for each foot
that the water table is lowered, or to estimate the available supply represented by each foot of rise in the water
table during a period of recharge, it is necessary to determine the specific yield. Estimates of recharge or of
available supplies based on porosity, without regard to the water-retaining capacity of the material, may be utterly
wrong.

Figure 2.14 Soil classification triangle
showing the relationship between particle
size and specific yield. Lines of equal specific
yield are at 1% and 5% intervals. Particle size
of sand is 2 to 0.0625 mm, of silt it is 0.0625
to 0.004 mm, and of clay it is < 0.004 mm.
This graph can also be used to find values of
effective porosity as these two quantities are
approximately the same. From Johnson,
1967. USGS, in public domain.

Storage of a confined aquifer is entirely dependent on compression and expansion of both water and solids, or
its elastic properties. Figure 2.15 shows the forces interacting in a confined aquifer: total load exerted on a unit
area of the aquifer (or), part of the total load borne by the confined water (p), and part borne by the structural

skeleton (solids) of the aquifer (oe). If the total load exerted on the aquifer is constant, and if p is reduced because
of pumping, the load borne by the skeleton of the aquifer will increase. This will result in a slight compaction
(distortion) of the grains of material which means that they will encroach somewhat on pore space formerly
occupied by water and water will be squeezed out. At the same time, the water will expand to the extent permitted
by its elasticity. Conversely, if p increases, as in response to cessation of pumping, the hydraulic (piezometric)
head builds up again, gradually approaching its original value, and the water itself undergoes slight contraction.
With an increase in p there is an accompanying decrease in o, and the grains of material in the aquifer skeleton
return to their former shape. This releases pore space that can now be re-occupied by water moving into the part
of the formation that was previously influenced by the compression (Ferris et al., 1962).
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Storage properties (storativity) of confined aquifers are defined by the coefficient of storage. Although firm
limits cannot be established, the storage coefficients of confined aquifers may range from about 0.00001 to 0.001.
In general, denser aquifer materials have smaller coefficient of storage. It is important to note that the value of
coefficient of storage in confined aquifers may not be directly dependent on void content (porosity) of the aquifer
material (USBR, 1977).

Specific storage (Ss) of confined aquifers is the volume of water released (or stored) by the unit volume of
porous medium, per unit surface of an aquifer, due to unit change in the component of hydraulic head normal to
that surface (detail explanation of the hydraulic head concept is given in next section.) The unit of specific storage
is length! (e.g., m! or ft') so that, when the specific storage is multiplied by aquifer thickness (), it gives the
coefficient of storage (), which is a dimensionless number: S = Sib. The specific storage is given as:

Ss = pwg(a +np) 2.4

where: p,, is the density of water; g is the acceleration of gravity; a is the compressibility of the aquifer skeleton;
n is the total porosity, and £ is the compressibility of water.

Figure 2.15 Left: In a confined aquifer system, the total weight of the overlying rock and water (or) is balanced by the pore-
fluid pressure (p) and the intergranular or effective stress (o). Right: Groundwater withdrawal reduces fluid pressures (p). As
the total stress (or) remains nearly constant, a portion of the load is shifted from the confined fluid to the skeleton of the
aquifer system, increasing the effective stress (o) and causing some compression (reduction in porosity). Extended periods
of lowered hydraulic head may result in irreversible compaction of the skeleton and land subsidence. Most of the land
subsidence occurs because of the permanent compaction of the aquitards, which may be delayed due to their slow drainage.
Modified from Galloway et al., 1999. USGS, in public domain.

All other things being equal, the radius of pumping well influence in a confined aquifer would be significantly
larger than in an unconfined aquifer. This is because less water is withdrawn from the same aquifer volume in the
case of confined aquifers due to the elastic nature of water release from the voids. In other words, to provide the
same well yield (volume of water), a larger aquifer area would be affected in a confined aquifer than in an
unconfined aquifer, assuming they initially have the same saturated thickness.
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Storage capacity of a groundwater system may be irreversibly affected by extensive groundwater withdrawals.
As shown in Figure 2.15, because of the hydraulic head decline in the aquifer system due to pumping, some of the
support for the overlying material previously provided by the pressurized water filling the sediment pore space
shifts to the granular skeleton of the aquifer system. This increases the intergranular pressure (load). Sand and
gravel deposits are relatively incompressible, and the increased intergranular load has a small effect on these
aquifer materials. However, clay and silt layers comprising confining units and interbeds can be very compressible
as water is squeezed from these layers in response to the hydraulic gradient caused by pumping. When long-term
declines in the hydraulic head increase the intergranular load beyond the previous maximum load, the structure of
clay and silt layers may undergo significant rearrangement, resulting in irreversible aquifer system compaction
and land subsidence. The amount of compaction is a function of the thickness and vertical hydraulic conductivity
of the clay and silt layers, and the type and structure of the clays and silts. Because of the low hydraulic
conductivity of clay and silt layers, the compaction of these layers can continue for months or years after water
levels stabilize in the aquifer. In confined aquifer systems that contain significant clay and silt layers and are
subject to large-scale groundwater withdrawals, the volume of water derived from irreversible compaction
commonly can range from 10 to 30 percent of the total volume of water pumped. This represents a one-time mining
of stored groundwater and a permanent reduction in the storage capacity of the aquifer system (Alley et al.,1999;
Galloway et al.,1999).

The first recognized land subsidence in the United States from aquifer compaction as a response to
groundwater withdrawals was in Santa Clara Valley (now known as Silicon Valley) in California. Some other
well-known areas experiencing significant land subsidence due to groundwater mining include the basin-fill
aquifers of south-central Arizona, Las Vegas Valley in Nevada, and the Houston-Galveston area of Texas.

Nothing, however, compares with the example of over-exploitation of confined aquifers and the related
consequences illustrated in Figure 2.16. Mining groundwater for agriculture has enabled the San Joaquin Valley
of California to become one of the world’s most productive agricultural regions, while simultaneously contributing

to one of the single largest alterations of the land
surface attributed to humankind. In 1970,
subsidence in excess of 1 foot had affected more
than 5,200 square miles of irrigable land—one-
half the entire San Joaquin Valley. The maximum
subsidence, near Mendota, was more than 28 feet
(9 meters). As discussed by Galloway et al.
(1999), the economic impacts of land subsidence
in the San Joaquin Valley are not well known.
Damages directly related to subsidence have been
identified, and some have been quantified.

Figure 2.16 Approximate location of maximum
subsidence in the United States identified by research
efforts of Joseph Poland of the USGS (pictured). Signs
on pole show approximate altitude of land surface in
1925, 1955, and 1977. The pole is near benchmark
S661 in the San Joaquin Valley southwest of Mendota,
California (the valley is outlined in the map on the left.
Modified from Galloway et al., 1999. USGS, in public
domain..
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Lecture 3 Groundwater Flow, Part One

This lecture is based on materials presented in Kresic, 2007 (Hydrogeology and Groundwater Modeling,
Second Edition. Copyright CRC Taylor & Francis); Kresic, 2009 (Groundwater Resources: Sustainability,
Management, and Restoration. Copyright McGraw Hill); Kresic and Mikszewski, 2013 (Hydrogeological
Conceptual Site Models: Data Analysis and Visualization. Copyright CRC Taylor & Francis), and various
publications by the authors of USGS.

Groundwater in the saturated zone is always in motion, in a three-dimensional space, because of the two key
factors:

1. The effective porosity of rock is of such magnitude that it allows gravity groundwater flow; in other words,
the rock is permeable. If the flow of groundwater due to gravity forces is negligible, the rock is not
permeable, and the concepts of groundwater flow described further are not applicable.

2. There is hydraulic gradient in the three-dimensional direction; in other words, there is difference in the
hydraulic head of groundwater between various points in that three-dimensional direction which causes
groundwater to flow from the higher hydraulic head towards the lower hydraulic head.

A simple analogy would be flow of water through pipes or in open channels. The water will move if the
hydraulic pressures at two ends of the pipe are different, or if the elevation of water surface at one end of the open
channel is higher than the water surface elevation at the other end. If there is no such difference in “pressures” or
elevations, the water will not move. This hydraulic pressure is called the Aydraulic head in groundwater studies.
However, the term “fluid pressure” has a specific meaning in hydrogeology and should not be equated with the
hydraulic head as explained further.

3.1 Darcy’s Law

French civil engineer Henry Darcy was first to quantitatively analyze, through a series of experiments, a
downward flow of water through loose filter sands as part of design of water supply for the city of Dijon. In an
appendix to his book, Les Fontaines Publiques de la Ville de Dijon published in 1856, he established that the rate
of flow is given by the equation:

K(hy — hy
goKazh)

in which g is the volume of water crossing unit area in unit time, / is the thickness of the sand, />, and /1 are the
heights above a reference level of the water in manometers terminated above and below the sand, respectively,
and K is a factor of proportionality. Note that equation (3.1) has dimension of length over time (L/T) and does not

calculate the rate of flow (which has units L>/T such as m*/s or ft*/d). Instead, it establishes an experimental,
proportional relationship.

This experimental quantitative relationship, later shown to have a real theoretical basis, became known as
Darcy’s law. In a dimensionally correct form, it states that the rate of fluid flow (Q) through a sand sample is
directly proportional to the cross-sectional area of flow (4) and the loss of the hydraulic head between two points
of measurements, also called hydraulic gradient (Ah), and it is inversely proportional to the length of the sample
(/) as shown in Figure 3.1:
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Constant supply K is the proportionality constant of the law called

of water EVETOW hydraulic conductivity and has units of velocity (note,
= however, that K should not and cannot be equated to
actual groundwater flow velocity — see Lecture 4,

Head
difference Section 4.2.) This constant is arguably the most
Air vent Ah important quantitative parameter characterizing the
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Figure 3.1 Schematic presentation of the constant head
Sample permeameter (similar to the one used by Henry Darcy)

used to determine hydraulic conductivity of

Porous * 0 v unconsolidated sediments. Modified from Kresic, 2007.
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It is not uncommon to find the minus sign in front of equation (3.2) in the literature with the following
explanation: it indicates that the flow is in the direction of decrease in the hydraulic head (i.e., from the higher
toward the lower hydraulic heads). However, although the explanation is correct, the minus sign should not be
placed in front of equation (3.2) which is the solution of a differential form of Darcy’s equation. The minus sign,
which is correctly present in the differential equation, disappears during its integration and it is mathematically
incorrect to show it as a part of equation (3.2).

The general hydraulic equation of the continuity of flow, which results from the principle of conservation of

mass, is (for incompressible fluids):
Q =v;A, = v,A, = constant (3.3)

which means that the volumetric flow rate (Q) through successive cross-sectional areas 4; and 4> in a stream of
fluid is the same (there is no loss or gain of water). Average flow velocities at successive cross-sections 1 and 2
are v; and V2 respectively. From equation (3.3), the velocity of flow can be generally expressed as:

v=- (3.4)

Relating equations (3.2) and (3.4) gives another form of Darcy’s equation where AA// is the hydraulic gradient,
I

Ah . m ft
v—KT—KXL [?ora] (3.5)

Dimension of equation (3.5) is that of velocity but, as discussed further in Lecture 4 (Section 4.2), v is not
true groundwater flow velocity. For this reason, v in Darcy’s Law is sometimes called “specific discharge” or
“Darcy’s velocity” to avoid confusion, although this practice may sometimes be even more confusing to non-
hydrogeologists and others dealing with groundwater without proper training.
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3.2 Hydraulic Conductivity and Permeability

Another quantitative parameter used in studies of fluid flow though porous media is called intrinsic
permeability, or simply permeability. It is defined as the ease with which a fluid can flow through a porous
medium. In other words, permeability characterizes the ability of a porous medium to transmit a fluid (water, oil,
gas, etc.). It is dependent only on the physical properties of the porous medium: grain size, grain shape and
arrangement, or pore size and interconnections in general. On the other hand, the hydraulic conductivity is
dependent on the properties of both the porous medium and the fluid. The relationship between the permeability
(Ki) and the hydraulic conductivity (K) is expressed through the following formula:

K, = k£ [m?] (3.7)
P9
where 1 1s the absolute viscosity of the fluid (also called dynamic viscosity or simply viscosity), p is the density of
the fluid, and g is the acceleration of gravity. The viscosity and the density of the fluid are related through the

property called kinematic viscosity (V):

v =— [mz/s] (3.3)

Inserting the kinematic viscosity into equation (3.7) somewhat simplifies the calculation of the permeability
since only one value (that of v) must be obtained from commonly available tables.

v
K, =K-— 2 3.9
7 [m?] (3.9)

Although it is better to express the permeability in the units of area (m? or cm?) for reasons of consistency and
easier use in other formulas, it is more commonly given in darcys (which is a tribute to Darcy by the oil industry
and Wyckoff et al., who proposed the name for the unit in 1933):

ldarcy = 9.87 x 102 cm? = 9.87 x 10~ 13m?

When laboratory results of permeability measurements are reported in darcys (or meters squared), the
following two equations (derived from equations 3.7 and 3.9) can be used to find the hydraulic conductivity:

K = Ki% or K= Ki% [m/s] (3.10)

Kinematic viscosity of water at temperature of 20 °C is approximately 1x10° m%/s, and gravity acceleration is
often rounded to 10 m/s?, which is the reason why the following approximate relation is used to convert
permeability (given in m?) to hydraulic conductivity (given in m/s):

K [m/s] = K; [m?]x 107 (3.11)
Since the effective porosity, as the main factor influencing the permeability of a porous medium, varies widely
for both different and same rock types, the hydraulic conductivity has wide ranges as shown in Figure 3.2.

Clear relationships exist between porosity and permeability, such that both generally decrease with depth in
consolidated rock, or that fine-grained sediments (silt and clay) have lower permeability than coarse grained
sediments (sand and gravel). However, an accurate quantitative prediction of permeability based on porosity data
is rarely possible because of the heterogeneity of natural porous media. Very extensive field and laboratory
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Figure 3.2 Range of hydraulic conductivity for different rock types. From USBR, 1977. In public domain.

measurements of this relationship have been routinely performed in the oil industry for decades, with plenty of
available literature. Two primary targets have been oil and gas reservoirs in carbonate and sandstone rocks
worldwide. For example, Nelson and Kibler (2003) have compiled porosity and permeability measurements on
cored samples from siliciclastic formations (sands, conglomerates, sandstones, siltstones, and shales) at 70
different locations throughout the world (Figures 3.3 and 3.4 are examples from this source.) The three sands
shown in Figure 3.3 have much higher porosity and smaller range of permeability than the sandstones example in
Figure 3.4. At the same time, sands do not show any linear relationship between the two parameters. On the other
hand, sandstones of all grain sizes clearly show a linear relationship.

Figure 3.3 Porosity vs. permeability for three freshly
deposited unconsolidated sand deposits (plotted by Nelson
and Kibler, 2003; data from Pryor, 1973.) The permeabilities
of the undisturbed samples were measured in a commercially
available constant head—falling head permeameter adapted to
the dimensions of the thin-wall aluminum sample tubes.
Water permeabilities, in Darcy units, were measured at
relatively low head pressures (50 cm of water) to prevent
disturbance of the unconsolidated sand samples by elutriation
and repacking. Porosity was measured by a modification of
Ludwick's Volumeter and basing the calculations on the core
volumes and grain volumes of the samples. USGS, in public
domain.
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Figure 3.4 Porosity vs. permeability of
Oligocene and Miocene sandstones at
Yacheng Field, South China Sea Plotted by
Nelson and Kibler, 2003; data from Bloch,
1991. USGS, in public domain.

As is the case with porosity, limestones have the widest range of hydraulic conductivity of all rocks. The
following examples illustrate the variability of hydraulic conductivity of carbonate rocks. Chalk and some
limestones may have high porosity, but since the pores are small (usually less than 10 micrometers, or um),
primary permeability is low and specific retention is high (Cook, 2003). For example, the mean interconnected
porosity of the Lincolnshire Limestone in England is 15%, while the mean matrix hydraulic conductivity is only
10 m/s (Cook, 2003, after Greswell et al., 1998). The groundwater flow is largely restricted to the fractures. The
aquifer hydraulic conductivity determined from pumping tests ranges between approximately 20-100 m/day,
which is more than five orders of magnitude greater than the matrix hydraulic conductivity (Cook, 2003, after
Bishop and Lloyd, 1990).

The San Antonio segment of the Edwards aquifer in Texas, the United States, consists of Cretaceous
limestones and dolomites that have undergone multiple periods of karstification. The average aquifer hydraulic
conductivity, based on over 900 well pumping tests, is approximately 7 m/day, while the mean matrix hydraulic
conductivity is approximately 10~ m/day (Cook, 2003, after Halihan et al., 2000). Based on the results of 191
aquifer pumping tests, the median horizontal hydraulic conductivity of the Upper Floridan aquifer in Georgia, the
United States, is 140.3 ft/d. Such high average value is, in part, the result of generally high effective matrix porosity
of the Upper Floridan aquifer Tertiary carbonates, as illustrated with the data from west-central Florida (Figure
3.5), and photos in Figure 3.6.

Vesicular basalts can also have high hydraulic conductivity, but they are less permeable than limestone on
average. Medium to coarse sand and gravel are rock types with the highest average hydraulic conductivities. Pure
clays and fresh igneous rocks generally have the lowest permeability, although some field-scale bedded salt bodies
were determined to have permeability of zero (Wolff, 1982). This is one of the reasons why salt domes were
considered as potential depositories of high radioactivity nuclear wastes in various countries.

Figure 3.5 Box-and-Whisker plot of effective matrix porosity of the Upper Floridan
carbonates in west-central Florida. The plot is based on analysis of 46 core samples
from 10 different locations. Raw data from Knochenmus and Robinson, 1996.
USGS, in public domain.
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Figure 3.6 Young Florida limestones such as Miami oolite of the Biscayne aquifer shown here have very high
primary matrix porosity which, together with the dissolution-enhanced secondary porosity makes them one of the
most prolific aquifers in the world. Tested hydraulic conductivity can be as high as >1,000 ft/d. Photographs by
George Sowers, printed with kind permission of Francis Sowers.

It has been shown that individually determined hydraulic conductivities from various locations within the
same aquifer, or within the same geologic unit, approximately follow a logarithmic probability distribution as
shown with examples in Figures 3.7 and 3.8. This observation is potentially useful when there is a need for an
average value from multiple data. It is therefore advisable to use the geometric mean of individual measurements
rather than the arithmetic mean.

Figure 3.7 Distribution of horizontal hydraulic conductivity of the
Upper Floridan aquifer in Georgia, the United States based on results
of 191 aquifer pumping tests. Raw data from Clarke et al., 2004.
USGS, in public domain.

Figure 3.8 Distribution of hydraulic conductivity in
the Piedmont regolith deposits, obtained from 105
slug tests at multiple sites in the greater Atlanta area
and northern Georgia, the United States. The median
value is 0.75 ft/d. Modified from Kresic, 2007.
Copyright CRC Taylor & Francis; permission is
required for further use.
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3.3 Hydraulic Head and Hydraulic Gradient

The principle of the hydraulic head and the hydraulic gradient is illustrated in Figure 3.9. At the bottom of
monitoring well (or piezometer) #1, where the well screen (piezometer tip) is open to the saturated zone, the total
energy (H) or the driving force for water at that point in the aquifer is:

o
H=z+h,+— 3.12
»* 35 (3.12)
where zis elevation above datum (datum is usually mean sea level, but it could be any reference level); /,is
pressure head due to pressure of fluid (groundwater) above that point; v is  groundwater  velocity; g is
acceleration of gravity.

Figure 3.9 Schematic presentation of
key elements for determining
hydraulic head and hydraulic gradient
in an unconfined aquifer. Modified
from Kresic, 2007. Copyright CRC
Taylor & Francis; permission is
required for further use.

Since the groundwater velocity in most cases is very low, the third member on the right-hand side may be
ignored for practical purposes and the equation (3.12) becomes:
H=h=2z+h, (3.13)
where 4 is the hydraulic head, sometimes called piezometric head. Pressure head represents pressure of fluid (p)

of constant density (p) at that point in the aquifer:
_P
2

In practice, the hydraulic head is determined in monitoring wells or piezometers by subtracting measured
depth to water level from the surveyed elevation of the top of casing:

h (3.14)

p

h = elevation of top of casing - depth to water in the well (3.15)

As the groundwater flows from Well #1 to Well #2 (Figure 3.9), it loses energy due to friction between
groundwater particles and the porous media. This loss equates to decrease in the hydraulic head measured at the

two wells:

Ah =h, — h, (3.16)
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The hydraulic gradient (i) between the two wells is obtained when this decrease in the hydraulic head is
divided by the distance (/) between the wells:

Ah
i = — [dimensionless] (3.17)

l
It is important to emphasize that the groundwater flow takes place from a higher hydraulic head towards a
lower hydraulic head, and not necessarily from a higher-pressure head to a lower-pressure head. One possible
example illustrating this point is shown in Figure 3.10. In conclusion, one only must think in terms of differences
in the hydraulic heads measured in the aquifer, not “worrying” about possible “oddities” such as an “unusual”
geometric shape of the aquifer zone, the slope of the impermeable base, or the shape of confining layers. Some of
these “oddities” are illustrated in Figure 3.11.

Except in case of a narrowly focused study of a very limited portion of the saturated zone (aquifer), there is
no such thing as a strictly horizontal groundwater flow. Even in unconfined aquifers with a horizontal impermeable
base, the flow of groundwater has a vertical component by default. This is illustrated in Figure 3.12 which shows
groundwater flow from an area where aquifer recharge is dominant, towards an area where the groundwater
discharges from the aquifer, such as to a surface water body or via a spring. In the recharge areas, the inflow of
new water from percolating precipitation creates an additional pressure head and causes a displacement of the
already stored water, which, in turn, displaces groundwater in the discharge area. This displacement of water must
be accommodated with both vertical and horizontal gradients. In many cases, especially in contaminant fate and
transport studies, it is critically important to correctly characterize and quantify hydraulic gradients and
groundwater flow in all three dimensions. For example, having three or more monitoring wells screened at same
depths will do nothing in determining if there is a vertical flow component.

Figure 3.10 Groundwater flow is always from a higher hydraulic head towards a
lower hydraulic head, not necessarily from a higher-pressure head towards a
lower-pressure head. In this example, pressure head at well #2 is higher than at
well #1, but the flow is from well #1 towards well #2 because /1 > h,. Modified
from Kresic, 2007. Copyright CRC Taylor & Francis; permission is required for
further use.

Figure 3.11 Some examples showing
groundwater flow directions as they relate to
slopes of water bearing layers (confined
aquifers): the hydraulic gradient, and therefore
the flow direction, can be in opposite direction
of the aquifer slope. Modified from Kresic,
2007. Copyright CRC Taylor & Francis;
permission is required for further use.
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Figure 3.12 Movement of groundwater
in an unconfined aquifer showing the
importance of both vertical and
horizontal hydraulic gradients.
Modified from Winter, 1998. USGS, in
public domain.

Confusion is sometimes present when using terms “pore water pressure”, “hydraulic head”, “pressure head”,
and “fluid pressure” without clearly understanding what any specific term is supposed to convey in a particular
case. This sometimes happens in geotechnical engineering and soil mechanics fields where professionals
commonly focus on the stability of various engineering structures (e.g., buildings, dams, levees) as affected by
water present in the soil and rocks. This author has, unfortunately, witnessed multiple times how some geotechnical
engineers equate “pore water pressure” with the hydraulic head, including readings from various instruments
specifically designed to measure pore water pressure and not necessarily the elevation of the water table or the
piezometric head.

The water pressure within the soil voids, u, is termed neutral stress in soil mechanics. If the water is not
moving, it can be computed from hydrostatics:
U= VYwZw (3.18)
where:

yw is the unit weight of water (62.4 1b/ft3, or 1 g/ml; in the SI system it is 9.81 kN/m?),
zy 1s the vertical depth below water table to the location where the water table is computed.

If the water is moving, the water pressure can be computed from the pressure head (%) using the reading from

a piezometer (see Figure 3.9) by equation :
u = Ywhy (3.19)

The water pressure is uniform in all direction at one point but can change from one point to another because
of the pressure head changes. Importantly, soil (rock) below water table is saturated and pressure head is greater
than the atmospheric pressure, i.e., it is positive. At the water table it is zero, and above the water table including

in the capillary fringe, it is negative, i.e., less than the atmospheric pressure (see Lecture 9, Flow in Unsaturated
Zone.)

More discussion on various stresses that act on surfaces of engineering structures resting on surface soil or
built at some depth below ground surface including within saturated zone can be found in general textbooks on
soil mechanics. An excellent one is Introductory Soil Mechanics & Foundations: Geotechnical Engineering by
George Sowers; McMillan Publishing Co, New York, 1979.
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3.4 Potentiometric Surface Maps

The potentiometric surface is the level to which groundwater would rise in piezometers or monitoring wells
screened in the water-bearing formation, i.e., in the saturated zone being monitored. The potentiometric surface is
equivalent to the water table in an unconfined aquifer. It is a hypothetical surface in case of confined aquifers as
it represents the hydraulic heads which are, by definition, above the physical top of a confined aquifer (see Lecture
6 and Figure 6.1.) In either case, maps of the potentiometric surface are created by plotting contour lines of the
water level elevations recorded in individual piezometers (monitoring wells). They are one of the most important
tools in hydrogeology, being essential in determining the hydraulic gradients, groundwater follow directions, flow
velocity and rate, or serving as a basis for developing and calibrating groundwater flow models.

Measuring hydraulic heads and creating the piezometric surface maps are by no means straightforward tasks
and require good planning by an experienced hydrogeologist. Ultimately, the number of piezometers and/or
monitoring wells, their depths, screen lengths, and frequency of water level recordings will be based on the final
goal of the study.

When planning field measurements of the hydraulic head that will be used to create potentiometric surface
maps, the following facts should always be taken into consideration:

1. Hydraulic head changes in response to aquifer recharge, both seasonally and, especially in unconfined
aquifers, after each recharge episode (rainfall). Measurements in multiple wells should therefore be
performed within the shortest time interval feasible (so—called synoptic measurements). To assess seasonal
influences on the hydraulic head fluctuations, at least one round of synoptic measurements should be
performed per season.

2. Hydraulic head in confined aquifers changes in response to barometric pressure fluctuations; this is also
true for unconfined aquifers but is much less pronounced in most cases. The only feasible method to
reasonably accurately determine the magnitude and importance of such changes is to measure the
hydraulic head and the barometric pressure continuously using pressure transducers and data loggers. Note
that the pressure transducers that are vented to the atmosphere automatically correct for the barometric
pressure such that their data can be used directly.

3. Hydraulic head in coastal aquifers responds to harmonic tidal fluctuations. These changes can be
accurately quantified only by performing continuous measurements.

4. Hydraulic head may change in response to some local hydraulic stress on the aquifer, such as operation of
an extraction wells in vicinity.

Any of the above influences must be properly accounted for when interpreting the hydraulic head
measurements. This is especially important when performing an aquifer pumping test and interpreting its data.
The data should be corrected by subtracting that portion of the hydraulic head change attributable to each
applicable external factor.

One common mistake by inexperienced hydrogeologists is to apply the same approach of hydraulic head
measurements and contouring of the potentiometric surface in different types of aquifers. For example, fractured
rock and karst aquifers present great challenge even to more experienced professionals (see Lecture 5.)
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The following discussion is based mostly on the works of Kresic (1997, 2007), and Kresic and Mikszewski
(2013.)

Manual contouring is frequently utilized in creating potentiometric surface maps as well as in general
groundwater studies when representing other features of interest such as surfaces of hydrostratigraphic (geologic)
layers, or plumes of groundwater contaminants for example. It is utilized either as the only method or in
conjunction with computer-based methods. A complete reliance on computer programs could, in some cases, lead
to erroneous conclusions since they are not always able to interpret (recognize) features apparent to a
hydrogeologist. This includes, for example, presence of geologic boundaries, heterogeneous porous media,
influence of surface water bodies, or the principles of groundwater flow. Thus, manual contouring or manual
adjustment of computer-generated maps is an integral part of hydrogeologic studies.

Figure 3.13 Left: Finding the position of the water table in three dimensions using data from three monitoring wells (numbers
are water levels in meters or feet above sea level). Right: Construction of water table contour lines by triangulation with linear
interpolation. Modified from Kresic and Mikszewski, 2013. Copyright CRC Taylor & Francis; permission is required for
further use.

Manual contouring is often initially based on triangular linear interpolation (the “three-point problem™) as
illustrated in Figure 3.13, combined with hydrogeologic experience of the interpreter. The first draft manual map
is not necessarily an exact linear interpolation between data points. Rather, it is an interpretation of the
hydrogeologic conditions with contours that roughly follow the available numeric data. An important but often
ignored fact when manually drawing contour maps is that most if not all parameters that are contoured, including
the hydraulic head, do not change linearly from one location to another. A notable exception, seldom present,
includes the hydraulic gradient in a homogeneous confined aquifer of uniform thickness where there is no addition
(recharge) or withdrawal (pumping) of groundwater at the scale of interest.

Even though the first computer-generated contour map may be somewhat inaccurate because relevant
hydrogeological features such as rivers, faults, or exposed bedrock may not be reflected in the data set, it is always
desirable to have the final contour map as a (digital) computer file. This will enable much more efficient
adjustments of the map using a contouring program. It will also allow use of the map(s) in other applications
including for various quantitative analyses, groundwater modeling, and visualization purposes. For example,
having XYZ files of the water table aquifer (unconfined aquifer), the potentiometric surface of a confined aquifer,
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and the top and bottom of any hydrostratigraphic layers, will significantly simplify preparation of a numeric
groundwater model.

If the available computer program cannot produce a satisfactory contour map (for example, there is a
complicated mixture of impermeable and flux boundaries of groundwater flow), and it cannot be forced to do so
by the interpreter, one solution is to digitize a manually drawn map (or “draw” the contours manually in a computer
program such as ArcMap). This, however, may be a lengthy process and it is better to acquire an appropriate
software package for contouring. Quite a few computer programs today offer a wide range of contouring methods,
allow the interpreter to adjust the generated contours, and can display contour maps in a variety of formats. Some
of the most powerful and widely used commercial programs include Surfer (developed by Golden Software) and
the Geostatistical Analyst extension (and to a lesser extent the Spatial Analyst extension) to ArcGIS by ESRI.
There are also several versatile programs in the public domain, such as Visual Sample Plan
(https://www.pnnl.gov/projects/visual-sample-plan), and SADA (The University of Tennessee, Knoxville;
https://www.sadaproject.net/), which include both contouring and Geographic Information System—GIS
capabilities. Graphical User Interface (GUI) software packages developed to support popular groundwater
modeling programs such as Modflow can also be used to create contour maps from field data and export them to
other applications. Good example of a commercial software is Groundwater Vistas by Environmental Simulations
(https://www.groundwatermodels.com/.) Processing Modflow Version 8 by Simcore Software, an excellent
groundwater modeling program, is now in public domain and can be downloaded for free at
https://www.simcore.com.

Contouring programs require that all individual data points be presented with two spatial coordinates and the
value of the parameter to be contoured (the hydraulic head in this case.) Common to all programs is division of
the two-dimensional space of interest into equally spaced vertical and horizontal lines, i.e., the creation of a
contouring grid. In Surfer, the user can either specify the grid spacing or let the program automatically determine
it from the range of distances between individual data points. The two basic requirements common to all
contouring methods, namely the data organization and the creation of the grid, are shown schematically in Figure
3.14. What separates different contouring methods are the mathematical equations (i.e., the quantitative model)
used to calculate the parameter values (e.g., water table elevation or contaminant concentration) at locations where
it was not directly measured. During this process, called spatial interpolation, the calculated values of the parameter
are assigned to the grid either at intersections of the grid lines, or at the centers of the cells (squares) formed by
the grid lines. This means that the basis for any contour map that will be eventually drawn by a program is a
numeric matrix of equally spaced rows and columns called raster file. Contour lines, for any contour interval
specified by the user, connect identical numeric values in the grid. Some programs, such as Surfer, include options
for smoothing the initial contours to give them a more natural look. Selecting a finer contouring resolution (i.e.,
smaller cell size or grid spacing) will generally also result in smoother contours. More on different contouring
methods is provided by Kresic, 2007, and Kresic and Mikszewski, 2013.

The most important prerequisite for successfully contouring potentiometric surfaces is a thorough knowledge
of the general groundwater flow principles. For example, a novice is often caught in drawing (or letting a computer
program create a map without subsequently correcting it) various depressions in the potentiometric surface from
which there is no escape of groundwater (see question mark in Figure 3.14-bottom). Unless there is a valid
hydrogeologic explanation (e.g., presence of a pumping well, or downward flow into an underlying aquifer through
a window in the intervening aquitard), such depressions are an inadequate interpretation or may be the result of
erroneous data. Similarly, mysterious local mounds in the water table may represent perched groundwater, or
something more “exotic” such as inflow of water from leaky sewers or water lines. This all means that almost
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inevitable local “irregularities” in the potentiometric surface should not blur interpretations of the expected overall
tendency of groundwater flow in any specific case.
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3{34-9'566:7 Figure 3.14 Portion of a contour map created using a
‘ | computer program. Top: Eight discrete values measured
in the field are shown with blue circles and black numbers
| with no decimal digits. The chosen mathematical model
calculates interpolated values and assigns them to all grid
Pl ! nodes. Several computer-interpolated values (red
1 35001815 |  numbers with five decimal digits) are shown with small
) U | red circles at intersections of dashed grid lines. Contour
lines, with the contour interval of five, connect the same
hydraulic head values in the grid. Bottom: same map with
the contour interval of two. It is advisable to create several
maps with different contour intervals as they may better
reveal local variations in the hydraulic head (parameter)
values. At the same time, this “finer” contouring can
create potentially unreasonable presentations as shown
with the question mark: contour 348 is closed indicating a
sink (depression) in the water table. Unless there is some
groundwater withdrawal at that location, or perhaps a
window in an underlying aquitard that acts as a sink
connecting the contoured aquifer and an aquifer below the
aquitard, this contour should not be closed. From Kresic
and Mikszewski, 2013. Copyright CRC Taylor & Francis;
permission is required for further use.
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Traditional use of the potentiometric surface contour maps is determination of the hydraulic gradients and
groundwater flow directions. However, one should always remember that a contour map is a two-dimensional
representation of a three-dimensional flow field and as such, it has limitations. If the area (aquifer) of interest is
known to have significant vertical gradients, and enough field information is available, it is always recommended
to create at least two contour maps: one for the shallow and one for the deeper aquifer depth. As with geologic and
hydrogeologic maps in general, a contour map should be accompanied with several cross-sections showing the
vertical locations of the hydraulic head measurements with posted data. Probably the most incorrect and
misleading case is when data from monitoring wells screened at different depths are lumped together and
contoured as one “average” data package. A perfect example would be a fractured rock or karst aquifer with thick
residuum (regolith) deposits and monitoring wells screened in the residuum and at various depths in the bedrock.
If data from all the wells were lumped together and contoured as one dataset, it would be impossible to interpret
where the groundwater is flowing for the following reasons:

e The residuum is primarily an intergranular porous medium in unconfined conditions (it has water table),
and horizontal flow directions may be influenced by local (small) surface drainage features.

o The bedrock has discontinuous flow through fractures at different depths, where it is often under pressure
(confined conditions), and may be influenced by more regional features such as rivers or springs.
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The flow in two distinct porous media (the residuum and the bedrock) may therefore be in two different general
directions at a particular site, including vertical gradients from the residuum towards the underlying bedrock.
Creating one “average” contour map for such a system would not make any hydrogeologic sense.

3.4.1 Influence of Hydraulic Boundaries

It has become standard practice in hydrogeology and groundwater modeling to describe the inflow and outflow
of water from an aquifer with three general boundary conditions: 1) known flux, 2) head-dependent flux, and 3)
known head, where “flux” refers to the groundwater flow rate and “head” refers to the hydraulic head.

One of the most important aspects of creating contour maps in alluvial aquifers is to determine the relationship
between groundwater and surface water features. In hydraulic terms, the contact between an aquifer and a surface
water body is an equipotential boundary. In case of lakes and wetlands, this contact can be approximated with the
same hydraulic head. In case of flowing streams, the hydraulic head along the contact decreases in the
downgradient direction (both surface water and groundwater flow downgradient). If enough measurements of a
stream stage are available, it is relatively easy to draw the water table contours near the river and to finish them
along the river-aquifer contact. However, often little, or no precise data is available on river stage, and, at the
expense of precision, it must be estimated from a topographic map or from the monitoring well data by
extrapolating the hydraulic gradients until they intersect the river.

For the purposes of creating contour maps of the potentiometric surface, either manually or with computer
programs, it is important to remember the following simple rules regarding the influence of hydraulic boundaries:

e Contour lines must meet impermeable (no-flow) boundaries at right angles.

o Contour lines must parallel equipotential boundaries where the hydraulic head is constant along the
boundary (e.g., a lake), or intersect the sloping boundary (e.g., a flowing river) at discrete points where
the hydraulic head at the boundary (the river) has the same value as the corresponding equipotential
contour line of groundwater.

Figure 3.15 shows some examples of surface water-groundwater interaction represented with the
potentiometric surface contour lines in a basin filled with unconsolidated sediments. Such basins, common in the
semi-arid western United States, may have permanent (perennial) or intermittent surface streams, and may be
recharged by surface water runoff and underflow from the surrounding mountain fronts. They can also be
connected with adjacent basins thus forming rather complex groundwater systems with various local and regional
water inputs and water outputs. Availability of the hydraulic head data at various locations within the basin, and
at various times, will determine the accuracy of the hydraulic head contours which therefore may or may not show
the existence or influence of various boundary conditions.

Figure 3.15 Potentiometric surface contour lines in a
sedimentary basin, arrows indicate general directions of
groundwater flow. The map shows influence of two
surface streams (A and B) flowing into the basin from the
surrounding bedrock areas and losing all water to the
basin aquifer. The stream is hydraulically connected with
the aquifer; blue line indicates gaining section of the
stream; dashed red line indicates losing section of the
stream. Modified from Kresic, 2009. Copyright McGraw
Hill; permission is required for further use.
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Figure 3.15 indicates a general inflow of groundwater from the east, and an outflow to the west, and the
influence of two streams (A and B) entering the basin and losing water to the aquifer a short distance from the
boundary. Potentiometric surface contour lines indicate the hydraulic connection between the aquifer and the river
flowing through the basin, showing the river reaches that lose water to, or gain water from the aquifer.

The most common mistake when creating potentiometric maps of unconfined aquifers is to let a computer
program ““ignore” presence of surface water features and accept the results as is. Figure 3.16 shows contours of a
potentiometric surface created by three pumping wells located in the flood plain of a slow-moving perennial river.
The wells are pumping from the unconfined alluvial aquifer. Figure 3.16-Left was created in Surfer using default
linear kriging and ignoring the river. In comparison, the map in Figure 3.16-Right takes the river stage into account
by utilizing a “breakline” option in Surfer. It is apparent that considering the river creates a much more logical
map.

Figure 3.16 Left: Contour map of a water table
influenced by three pumping wells near a river
when the hydraulic connection between the
aquifer and the river is not accounted for.
Orange circles are locations of monitoring
wells with field measurements. Right: The
same map when the river elevation is
accounted for by using breakline in Surfer.
Note non-sensical contours created by the
program in the areas without data points
including on the other side of the river. These
areas should be excluded from the final map
(see Figure 3.17.) From Kresic and
Mikszewski, 2013. Copyright CRC Taylor &
Francis; permission is required for further use.

A breakline is a three-dimensional boundary file that defines a line with X, Y, and Z values at each vertex.
When the gridding algorithm sees a breakline, it calculates the Z value of the nearest point along the breakline and
uses that value in combination with nearby data points to calculate the grid node value. Surfer uses linear
interpolation to determine the values between breakline vertices when gridding. Breaklines are not barriers to
information flow, and the gridding algorithm can cross the breakline to use a point on the other side of the
breakline. If a point lies on the breakline, the value of the breakline takes precedence over the point. Breakline
applications include defining streamlines, ridges, and other breaks in the slope. Breaklines can be created in any
text editor or directly within Surfer using the digitizer tool. They can be used for other purposes such as removing
non-sensical contours in the areas without data (see Figure 3.17.) The program, by default, creates contours within
the rectangle bounded by the minimum and maximum X and Y coordinates of available data. Any nonsensical
areas should be removed from the final map. Surfer can do that automatically by using a “blanking breakline”
feature defined by the user.

The contour map of the hydraulic head is one of two parts of a flow net: flow net in a homogeneous isotropic
aquifer is a set of streamlines and equipotential lines, which are perpendicular to each other (see Figure 3.18).
Streamline (or flow line) is an imaginary line representing the path of a groundwater particle as it flows through
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the aquifer. Two streamlines bound a flow segment of the flow field and never intersect, i.e., they are roughly
parallel when observed in a relatively small portion of the aquifer. The main requirement of a flow net is that the
flow rate between adjacent pairs of streamlines is the same (AQ in Figure 3.18), which enables calculations of
flow rates in various portions of the aquifer, providing that the hydraulic conductivity and the aquifer thickness

are known.

Figure 3.17 Left: Final contour map of the
water table after post-processing of the
results using grid blanking in Surfer (non-
sensical contours in the area without data
points are blanked, and not displayed—
Surfer has effective option for creating a
blanking breakline onscreen with a
digitizer).  Right:  Surfer  enables
displaying the raster digital surface in 3D
view that can be rotated, zoomed-in, and
viewed from different angles for
additional insight. From Kresic and
Mikszewski, 2013. Copyright CRC
Taylor & Francis; permission is required
for further use.

Figure 3.18. Flow net is a set of equipotential lines and streamlines
which are perpendicular to each other in an isotropic porous media
(aquifer). The equipotential line connects points with the same
groundwater potential, i.e., hydraulic head—#. The streamline is an
imaginary line representing the path of a groundwater particle as it
flows through an aquifer. Flow rate between adjacent pairs of
streamlines, AQ, is the same. Equipotential lines are more widely
spaced where the aquifer is more transmissive. Modified from
Kresic, 2009. Copyright McGraw Hill; permission is required for

further use.

Equipotential line is a horizontal projection of the equipotential surface — everywhere at that surface the
hydraulic head has a constant value. Two adjacent equipotential lines (surfaces) never intersect and can also be
considered parallel within a small aquifer portion. These characteristics are the main reason why a flow net in a
homogeneous, isotropic aquifer is sometimes called the net of small (curvilinear) squares. In general, the following
simple rules apply for graphical flow net construction in heterogeneous, isotropic systems (Freeze and Cherry,

1979):

(1) Flow lines and equipotential must intersect at right angles throughout the system.

(2) Equipotential lines must meet impermeable boundaries at right angles.

(3) Equipotential lines must parallel constant-head boundaries.

(4) The tangent law must be satisfied at geologic boundaries (see next lecture and Figure 4.11).
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(5) If the flow net is drawn such that squares are created in one portion of one formation, squares must exist
throughout that formation and throughout all formations with the same hydraulic conductivity. Rectangles
will be created in formations of different conductivity.

The last two rules make it extremely difficult to manually draw accurate quantitative flow nets in complex
heterogeneous systems. If a system is anisotropic in addition, it would not be feasible to draw an adequate flow
net manually in most cases. The ultimate tool for creating contour maps, tracking particles as they flow through
the system, and calculating flow rates for any part of a groundwater system, is a numeric model, which can
incorporate and test all known or suspected heterogeneities, boundaries, and anisotropy, in all three dimensions.
Figures 3.19 and 3.20 show output from a model used to test influence of varying hydraulic conductivity and
anisotropy on tracks of particles (denoted with small circles) released at certain locations in the aquifer.

Figure 3.19 Influence of anisotropy on particle tracks (dashed lines). The
hydraulic conductivity in X direction is 4 times higher than in Y
direction. The aquifer is homogeneous and anisotropic. From Kresic,
2009. Copyright McGraw Hill; permission is required for further use.

Figure 3.20: Left: Hydraulic head contour lines (in blue) and particle tracks (red-dashed) in an isotropic, homogeneous aquifer
of uniform hydraulic conductivity (K;). Right: Influence of a geologic boundary (heterogeneity) on contour lines and particle
tracks. The shaded area has 4 times higher hydraulic conductivity than the rest of the flow field (K2=4K7). Aquifer is isotropic
(the hydraulic conductivity is same in X and Y directions). Note wider spacing between the contours in the shaded area
because of the higher K. From Kresic, 2009. Copyright McGraw Hill; permission is required for further use.

Hydrogeologic heterogeneity and anisotropy are discussed in detail in the next Lecture. In hydrogeology, these
two terms refer to hydrogeologic (hydraulic) characteristics of porous media: effective porosity, specific yield,
coefficient of storage, and hydraulic conductivity (permeability). If these characteristics are the same within the
aquifer (aquitard) volume of interest, the porous media is homogeneous. If these characteristics do not have any
preferred spatial orientation (i.e., they are the same in all directions), the porous media is isotropic.
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The flow of water in the subsurface porous media takes place for two main reasons: there is a hydraulic
gradient, and the porous media is permeable. The velocity and direction of groundwater flow are directly
influenced by the two key characteristics of the porous media—the hydraulic conductivity and the effective
porosity, as well as their spatial distribution and orientation. These two characteristics depend on the fabric of
porous media, which is a general term used to describe spatial and geometric relationship between all different
elements of rocks (all types of rocks: unconsolidated sediments, consolidated sedimentary rocks, magmatic, and
metamorphic rocks) that comprise aquifers and aquitards. The elements of rock fabric include grains of
sedimentary rocks, and component crystals of magmatic and metamorphic rocks. Rock fabric also refers to various
discontinuities in rocks, such as fissures, fractures, faults, fault zones, folds, and bedding planes (layering) for
example. Without elaborating on the geologic portion of hydrogeology, it is appropriate to state that groundwater
professionals lacking a thorough geologic knowledge (i.e., nongeologists) would likely have various difficulties
in understanding the many important aspects of heterogeneity and anisotropy discussed further.

4.1 Anisotropy and Heterogeneity

The questions of anisotropy and heterogeneity in hydrogeology are arguably some of the most important ones
every hydrogeologist will face throughout her or his career. At the same time, unfortunately, using so-called “rules
of thumb” when selecting their quantitative measures seems to be prevalent in hydrogeologic practice. This, for
example, includes assuming that the vertical hydraulic conductivity is ten times lower than the horizontal hydraulic
conductivity without any site-specific evaluation or without even knowing where this rule of thumb came from to
begin with. Some quantitative examples how using various rules of thumb in hydrogeology can lead to erroneous
calculations and conclusions in decision-making process are provided in this Lecture (e.g., see Figure 4.15 and the
accompanying text), and elsewhere in the textbook.

Common to these examples is that one should never accept previously published, peer-reviewed information
at face value without independent, critical analysis. This includes publications by various government agencies. It
is often desirable for a hydrogeologist to directly cite the United States Geological Survey (USGS) or the United
States Environmental Agency (USEPA) as there will generally be less resistance from regulators in accepting the
related concepts and conclusions. However, while these and other government agencies do produce many useful
and accurate reports, they are not infallible. If the assumptions and results of some of their studies are wrong, it
can lead to the rapid propagation of conceptual errors that can become entrenched in professional practice (Kresic
and Mikszewski, 2013).

The widespread endorsement of scientific and engineering rules of thumb in a specific project setting, that are
of unknown original context and with apparent conceptual and other problems, could be construed as an example
of groupthink, where group pressures lead to a breakdown in independent thought and result in flawed decision-
making (Irving Janis, 1971, 1972, 1982). Groupthink favors unanimity over accuracy and expert opinion, avoids
criticism and controversy at all costs, and rationalizes bad decisions made in the past rather than exploring new
solutions. To avoid groupthink, group members should remain as impartial as possible, and consult independent
expert opinion from third parties removed from the impacts of the decision to be made (Kresic and Mikszewski,
2013.) In conclusion, this author strongly advises students of hydrogeology to familiarize themselves with various
writings on the groupthink theory and provides this quote from the 1971 landmark paper by Janis hoping it will
spark interest:
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The symptoms of groupthink arise when the members of decision-making groups become motivated to avoid
being too harsh on their judgments of their leaders, or their colleagues’ ideas. They adopt a soft line of
criticism, even in their own thinking. At their meetings, all the members are amiable and seek complete
concurrence on every important issue, with no bickering or conflict to spoil the cozy, ‘“we-feeling”
atmosphere.

The general concept of homogeneity and isotropy is shown schematically in Figure 4.1. In hydrogeology,
these two terms refer to the hydrogeologic (hydraulic) characteristics of porous media: effective porosity, specific
yield, coefficient of storage, and hydraulic conductivity (permeability). If these characteristics are the same within
an aquifer (aquitard) volume of interest, the porous media is homogeneous. If these characteristics do not have
any preferred spatial orientation (i.e., they are the same in all directions), the porous media is isotropic. Clean
beach sand made of pure quartz grains of similar size is one example of a homogeneous isotropic rock (i.e.,
unconsolidated sediment). If, in addition to quartz grains, there are other mineral grains but all uniformly mixed,
without groupings of any kind, the sediment is still homogeneous.

t limited scales (say, centimeter to decameter; or inch to ten yards), field measurements are hardly ever
representative of large volumes of an aquifer or aquitard. In reality, aquifers and aquitards are more or less
heterogeneous, and it is only a matter of convention, or agreement between various stakeholders, which portion
of the subsurface under investigation may be considered homogeneous. At the same time, assuming homogeneity
of an aquifer volume that seems appropriate for general water supply purposes may be completely inadequate for
characterizing contaminant fate and transport at a particular site (Kresic, 2007).

The following discussion by Meinzer (1932, page 133) explains very eloquently the challenge of assessing
homogeneity and isotropy of porous media:

The most serious difficulty...and one that up to the present time has not been effectively overcome is that of
determining the true average permeability of the material that constitutes the water-bearing formation.

Laboratory methods are available to determine accurately the permeability of the samples that are tested, but
the difficulty lies in obtaining representative samples. Even apparently slight differences in texture may make
great differences in permeability. A rather inconspicuous admixture of colloidal clay to an otherwise
permeable sand may cut down greatly its capacity to conduct water. In a sand formation a few thin strata of
coarse clean sand may conduct more water than all the rest of the formation. These permeable strata may be
overlooked in the sampling, or if samples from them are taken it may be impossible to give them the proper
weight in comparison with samples from other parts of the formation. Consolidated rocks are likely to contain

joints and crevices which conduct much of the water and which therefore render laboratory methods

inapplicable. On the other hand, unconsolidated samples can not easily be recovered and tested without
disturbing the texture of the material and thus introducing errors of unknown but conceivably great amount.

Moreover, samples taken at the outcrop of a formation may not be representative because of changes produced
by weathering, and samples obtained from wells are generally nonvolumetric and greatly disturbed and may
be either washed or mixed with clay of foreign origin. If the conditions of drilling can be controlled it may be
possible to obtain an undisturbed or only moderately disturbed sample, especially if a core barrel is used, but
such favorable conditions are rarely obtainable.

Term Representative Elementary Volume, or REV is often used to describe a volume that has all important
characteristics of the aquifer (aquitard), including any heterogeneity and anisotropy, so that a quantitative analysis
performed on the REV can be applied across the scale of interest (“Site””). However, this often does not mean the
same thing to different people, and it is highly problem specific. For example, academic researchers in the field of
contaminant hydrogeology and groundwater remediation are usually occupied with testing new ideas on small
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laboratory samples of porous media, such as glass beads, clean sand, tight clay, or maybe a small plug from a
limestone core. Extrapolating the results of such research to real field-scale problems always presents a major
challenge. One approach is to assume that, although heterogeneous and anisotropic by default, the porous media
at a particular Sife can be approximated by some average characteristics reasonably accurately. This approach is
in many cases the only one feasible, given the limitations of available funds and time for investigations. In any
case, every REV is both scale-dependent and problem-specific and can vary even within a seemingly same porous
media at the same site, depending on the final project goal.

Figure 4.1 Schematic presentation of rock fabric that
influences homogeneity and isotropy of porous media. A:
homogeneous and isotropic; B: Overall heterogeneous
and isotropic, with two different homogeneous and
isotropic areas (volumes); C: homogeneous and
anisotropic; D: overall heterogeneous and anisotropic,
with two different areas that are each homogeneous and
anisotropic; E: overall heterogeneous, with one area that
is homogeneous and isotropic (blue hatching), and one
area that is homogeneous and anisotropic; F: overall
heterogeneous and anisotropic. Based on Dimitrijevic,
1978. University of Belgrade. Acknowledgement is
required for further use.

Figure 4.2 Left: Examples of lithologic discontinuities in rocks; A: gradation in unconsolidated sediments. B: “layering
without layers”. C: tongues in lithosomes. D: foliation in metamorphic rocks. Based on Dimitrijevi¢, 1978; University of
Belgrade. Acknowledgement is required for further use. Right: Bedding planes, fold-related joints, and fractures in general
are mechanical discontinuities that can cause abrupt changes in groundwater flow directions.

Figure 4.2 and images in Figures 4.3 through 4.7 illustrate examples of geologic fabric of sediments and rocks
in general, followed by some common expressions of anisotropy of the hydraulic conductivity. Care should be
exercised when applying any of the equations and approaches to quantifying the anisotropy. This includes a
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thorough understanding of the fundamental differences that exist between unconsolidated sediments and well
lithified fractured, folded, and faulted rocks, when it comes to the nature of groundwater flow in different types of
porous media.

Figure 4 3 Left: Alluvial gravel and silt exposed on the bank of a stream near Fort Worth, Texas. Right: alluvial fan deposits
in a gravel pit in the Jordan River Valley, Jordan. Photo by Daniel J. Goode. USGS, in public domain

Figure 4.4 Lefi: Massive aeolian sandstone in Canyon de Chelly, Arizona with Anasazi cliff dwellings named White House
Ruin. Right: Fractured cross-bedded aeolian Coconino Sandstone in Grand Canyon, Arizona

Figure 4.5 Anisotropy impacting groundwater flow in metamorphic and magmatic rocks is for the most part due to fractures
(joints). Left: slate in the Piedmont of Virginia; Right: gneiss in Atlanta, Georgia;
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Figure 4.6 Landsat 7 false color satellite image of Namibia's Ugab River, seen here crossing folded, fractured, and faulted
geological unit “Zerrissene Turbidite System” which is made up of low-grade metamorphosized Neoproterozoic sedimentary
rocks. Image featured in USGS collection Earth as Art 2. Available at https://www.usgs.gov/media/images/ugab-river. USGS,
in public domain.

Figure 4.7 Landsat 7 false color satellite image of Namaqualand granite-gneiss complex in South Africa. Available at
https://eros.usgs.gov/image-gallery/earth-as-art-1/namaqualand. USGS, in public domain.
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One important aspect of heterogeneity is that groundwater flow directions change at lithologic boundaries
between unconsolidated or loosely consolidated sediments of notably different hydraulic conductivity such as the
ones shown in Figure 4.3. An analogy would be refraction of light rays when they enter a medium with different
density, e.g., from air to water. The refraction causes the incoming angle, or angle of incidence and the outgoing
angle, or angle of refraction, to be different (angle of incidence is the angle between the orthogonal at the boundary
and the incoming streamline; angle of refraction is the angle between the orthogonal at the boundary and the
outgoing streamline). The only exception is when the streamline is perpendicular to the boundary— in which case,
both angles are the same at 90°. The schematics shown in Figure 4.8 apply to both map and cross-sectional views
if there is a clearly defined lithological boundary between the two porous media. Figure 4.9 shows a map view of
a generic hydraulic conductivity field and the corresponding potentiometric surface contour lines simulated with
a groundwater flow model. The lithologic contacts between the porous media with different hydraulic conductivity
clearly influence the orientation and spacing between the contour lines.

Where there are well-defined bedding planes separating layers of lithified rocks, and there are fissures crossing
such planes, the above concept is not entirely applicable because of the roles these mechanical discontinuities
(bedding planes and fissure/fracture planes) may play in changing groundwater flow directions.

Figure 4.8  Refraction of
flowlines (streamlines) at a
boundary of higher hydraulic
conductivity (left) and a
boundary of lower hydraulic
conductivity (right). Angle of
incidence and angle of
refraction are denoted with a4
and 02 respectively.
Hydraulic conductivity is
denoted with K.

Figure 4.9 Groundwater flow field created in a
numeric groundwater model through extensive
variation of hydraulic conductivity, K (in feet per
day). The confined aquifer thickness is uniform.
Lower K creates steeper gradients (example areas
a and b); higher K results in more widely spaced
contours (area ¢). From Kresic and Mikszewski,
2013. Copyright CRC Taylor & Francis;
permission is required for further use.
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Contour lines of the potentiometric surface can change their orientation and spacing (i.e., the hydraulic
gradient can change) not only because of the hydraulic conductivity changes or presence of anisotropy. The same
can happen if the saturated aquifer thickness changes while the hydraulic conductivity remains the same (the
porous medium is homogeneous). This relationship between the hydraulic conductivity (K) and the aquifer
thickness (b) is described with the parameter called transmissivity (7):

T=bxK (4.1)

It follows that an aquifer is more transmissive (more water can flow through it) when it has a higher hydraulic
conductivity and when it is thicker. The knowledge of this relationship helps in interpretation of the hydraulic
head data and possible reasons for changes in the hydraulic gradient (see Figure 4.10).

Figure 4.10 Maps (top) and cross sections (bottom) showing how changes in aquifer transmissivity affect potentiometric
contours. In general, lower transmissivities are associated with steeper hydraulic gradients (more closely spaced contours),
while higher transmissivities are associated with more widely spaced contours. Modified from Kresic, 2007. Copyright CRC
Taylor & Francis; permission is required for further use.

It is sometimes expected or desired to find horizontal and vertical components of the hydraulic conductivity
that may be anisotropic (it may be the highest in certain direction) or find the components of such hydraulic
conductivity that are parallel to the major axes of an orthogonal coordinate system where Y axis is commonly
aligned with the geographical North (as most maps used in geology and hydrogeology are). This practice helps in
simplifying various equations of groundwater flow or in setting up a numeric model with an orthogonal grid of
rows and columns (MODFLOW, the most widely used numerical groundwater flow model worldwide, is an
example). Unfortunately, this practice varies and often brings more confusion than not, including when
indiscriminately referring to some “rules of thumb” while defying common sense at the same time.

Figures 4.11 and 4.12 show some examples of expressing the hydraulic conductivity with its various
components in a three-dimensional space (including discussion on a misleading and erroneous approach of
applying a rule of thumb while ignoring the field-based hydrogeologic evidence).

Cave passages in soluble carbonate sediments provide an invaluable insight into the role geologic fabric plays
in controlling groundwater flow directions. Such passages, developed by dissolution along initial discontinuities
in the rock mass, are literary evidence “written in stone”. Hydrogeologists working in all fractured sedimentary
rock environments, and not only in karst, are therefore advised to consult related speleological literature or, better
yet (and for a start), visit a few easily and safely assessable caves because nothing can replace direct observations.
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This experience should, hopefully, change minds of those that still believe how knowledge of structural geology
and hydrogeologic anisotropy is not necessary to make the “right” site-specific conclusions based on some
convenient rules of thumb. An illustrative excerpt from an excellent publication by Swezey et al. (2017) that
illustrates the point is provided further (see Figures 4.14 and 4.15). Incidentally, the setting is not too dissimilar to

a hypothetical project site shown in Figure 4.13.

Kh= Kgcos(a)

Kstrike = Kdip > Ky, Ky= Kgsin{a)

Applicable to well solidified sedimentary rocks, without intrabed or crossbed fractures (joints)

a=45° Ku=K, a<45°  Kp>K, a>45° K,>Kh

Figure 4.11 Principle of
finding horizontal (Kn) and
vertical (Kv) components of
the hydraulic conductivity in
a layered, well-solidified, and
non-fractured rock formation.
Top: Along a bedding plane,
the hydraulic conductivities
along the strike (Ks) and the
dip (Kaq) are the same in all
directions  (Ks=Kd). The
hydraulic conductivity
component perpendicular
(Kn) to the bedding plane is
significantly lower because of
the mechanical discontinuity
nature of bedding planes.
Bottom: The relationship
between Kn and Kv depends
on the angle of dip (o): they
have the same value when the
dip is 45 degrees; Kv
approaches Kn for sub-
horizontal layers, and it
approaches Kd4 for sub-
vertical layers.

Figure 4.12 Finding two principal orthogonal components of the hydraulic
conductivity (Ky and Kx) in a non-fractured, layered sedimentary rock, in a
horizontal plane (e.g., a map view) of an orthogonal coordinate system where
North is aligned with the Y axis. The components are determined from the
hydraulic conductivity along the strike or dip of the bedding planes (Ks=Ka),
and the horizontal hydraulic conductivity (Kh) determined as shown in Figure
4.11. Note that angles y and f are the same by default.
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Figure 4.13 Left: Hypothetical
statistical ~ orientation of major
structural  elements  like  those
commonly observed in sedimentary
layers of the Blue Ridge, and the
Valley and Ridge provinces of
Virginia, Tennessee, and several other
states in the eastern United States (see
Figure 7.5 in Lecture 7). Right:
Hypothetical Conceptual Site Model
(CSM) by a non-hydrogeologist
regarding two major axes of the
hydraulic ~ conductivity in a
comparable setting. Such
interpretation completely ignores the
hydraulic role of different sets of joints
and the dipping of bedding planes. The

hypothetical non-hydrogeologist (who also may be the project manager) apparently insists that the hydraulic conductivity in
the strike direction is the highest (Kmax), and the hydraulic conductivity perpendicular to the strike is 10 times lower (Kmin),
without any site-specific hydrogeologic testing to back that up. If this interpretation is not challenged by competent geologists
and hydrogeologists and is adopted for creating a numerical model of groundwater flow for example, both the CSM and the
groundwater flow model can be qualified as an unfortunate product of the so-called groupthink (see explanation of this term

elsewhere in the textbook).

Collectively, the structural and stratigraphic setting of Burnsville Cove influences cave passage
morphology. For example, many of the cave passages are tall and narrow, and follow joints. Other cave
passages are relatively wide and have flat ceilings and (or) floors. Such passages typically form where the
cave ceiling and (or) floor follows a bedding plane. Yet other cave passages have arched ceilings where the

’

passages follow folds in the strata.’

... "In some instances, both bedding planes and joints exert strong controls

on passage morphology, leading to a trapezoid passage profile with a narrow inverted V-shaped cavity at the

top of the trapezoid shape.
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Figure 4.14 Section of map of
Butler Cave — Sinking Creek Cave
System, Bath County, Virginia
showing mapped cave passages.
Modified from Swezey et al.,
2017, Geologic controls on cave
development in Burnsville Cove,
Bath and Highland Counties,
Virginia. From the Blue Ridge to
the Beach: Geological Field
Excursions across Virginia. The
Geological Society of America
Field Guide 47; originally
modified from White, 2015.
Copyright The Geological Society
of America; permission is
required for further use.
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Figure 4.15 Examples of fissure control on development of passages in caves of Highland and Bath Counties, Virginia. All
photos courtesy of Phil Lucas.

Some (perhaps stubborn) practitioners may argue that, at their carbonate sediments site, there are no known
caves and therefore there is no justification to apply knowledge from “elsewhere” as it would not be applicable.
However, the fact that there are no known caves does not exclude the possibility that there are karstified
interconnected features in the subsurface, however small (inaccessible) or large (cave passages yet to be discovered
by dedicated cavers). The practitioners may go even further and argue how soluble sedimentary carbonate rocks
are very different from “their own” fractured non-carbonate rocks such that there is no room for analogy.
Nevertheless, it is a simple fact that groundwater flow in either case will be similarly influenced by various
discontinuities in the rock mass regardless of their possible enhancement by dissolution.

Determining the hydrogeologic anisotropy of sediments and rocks should always be site-specific, must be
based on hydrogeologic principles, and must include a thorough analysis of various geologic and structural
elements that may contribute to it. The following discussion by Cohen, Faust, and Skipp (2009) and Figure 4.16
illustrate these points.

1t has been hypothesized (e.g., Drew et al., 2004) that the most dominant fracture fabric features, which control
groundwater flow in the Blue Ridge of Loudoun County, include (1) the pervasive northeast-striking, moderately
to steeply dipping (generally to the southeast) metadiabase dikes that intrude the older metagranites, and (2)
subparallel northeast-trending Paleozoic cleavage (schistosity). Northwest-trending foliation in the
Mesoproterozoic basement rock, which was overprinted by dike intrusion and Paleozoic cleavage, is also observed
in much of western Loudoun County.

In order to examine aquifer anisotropy in a more direct manner, automated water-level recording devices
were deployed in numerous observation wells during aquifer tests conducted at seven sites in the Blue Ridge of
Loudoun County. Data acquired during 22 tests where drawdown was observed at three or more observations
wells were analyzed using the Papadopulous (1965) equation for nonsteady groundwater flow in an infinite
anisotropic confined aquifer as implemented in the TENSOR2D (Maslia and Randolph, 1987) and AQTESOLV
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(beta version, Duffield, 2007) computer programs. The results shown for the analyses of 15 tests where the data
reasonably fit an anisotropic solution are presented based on the AQTESOLYV analysis in 4.18. The anisotropic
aquifer analyses indicate that different tensor orientations are observed in different areas of 100 to 250 acre study

sites and that observed anisotropy is not always consistent with mapped geologic structural features (emphasis
added). Interpreted tensor orientations vary between N70E and N79W. Nine of the 15 orientations are between
NSE and N38W (Cohen, Faust, and Skipp, 2009.)

Sometimes it may not be feasible to
estimate  the principal directions of
hydrogeologic anisotropy based on structural
analysis of the rock fabric alone, and the only
applicable method may be a tailored pumping
test (see Figure 4.16 and the accompanying
explanation.) Photographs in Figure 4.17
illustrate this point, namely a structural
“chaos” that is not uncommon in orogenic
belts around the world. Hatcher (1995)
provides the following illustrative discussion
that further illustrates difficulty
hydrogeologists  often face in such
environments.

Figure 4.16 Anisotropic transmissivity tensor
[(ft%/d)*3] results for 15 aquifer tests at 7 sites in the
Blue Ridge of Loudoun County, Virginia. Modified
from Cohen, Faust, and Skipp, 2009. Copyright
Geotrans, Inc. Permission is required for further
use.

In one practical application, Richard Nickelsen (1979) made a detailed study of a well-exposed series of
deformed Pennsylvanian sandstone, coal, and shale layers at the Bear Valley strip mine in Pennsylvania. He was
able to separate early jointing events from later faulting, cleavage formation, folding, later folding that produced
new joint sets, and finally, more faulting, which also produced new joints.

Figure 4.17 Left: Large scale kink folds
within the Triassic McCarthy Formation
located near the Totschunda Fault in the
Eastern Alaska Range. The formation is
comprised of interbedded argillite (darker
units) and micritic limestone (grey strata).
Compressional deformation of the unit
occurred during accretion of a volcanic-
arc terrain onto the North American plate.
Courtesy of Jeff Manuszak. Right:
Mesozoic limestones in  Durmitor
National Park, Montenegro.
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Faults are one of the key structural elements that can cause heterogeneity and anisotropy at various scales.
They often form hydraulic boundaries for groundwater flow in both consolidated and unconsolidated rocks. They
may have one of the following three roles: (1) preferential pathways for groundwater flow, (2) storage of
groundwater due to increased porosity within the fault (fault zone), and (3) barriers to groundwater flow due to
decrease in porosity within the fault. The following discussion by Meinzer (1923) illustrate these points:

Faults differ greatly in their lateral extent, in the depth to which they reach, and in the amount of displacement.

Minute faults do not have much significance with respect to ground water except, as they may, like other
fractures, serve as containers of water. But the large faults that can be traced over the surface for many miles,

that extend down to great depths below the surface, and that have displacements of hundreds, or thousands of
feet are very important in their influence on the occurrence and circulation of ground water. Not only do they

affect the distribution and position of aquifers, but they may also act as subterranean dams, impounding the

ground water, or as conduits that reach into the bowels of the earth and allow the escape to the surface of
deep-seated waters, often in large quantities. In some places, instead of a single sharply defined fault, there

is a fault zone in which there are numerous small parallel faults or masses of broken rock called fault breccia.

Such fault zones may represent a large aggregate displacement and may afford good water passages.

The impounding effect of faults is caused by the following main mechanisms (modified from Kresic, 2009):

o The displacement of alternating permeable and impermeable beds in such manner that the impermeable
beds are made to abut against the permeable beds.

e Presence of clayey gouge along the fault plane produced by the rubbing and mashing during displacement
of the rocks. (The impounding effect of faults is most common in unconsolidated formations that contain
considerable clayey material.)

o Cementation of the pore space by precipitation of material, such as calcium carbonate, from the
groundwater circulating through the fault zone.

o Rotation of elongated flat clasts parallel to the fault plane so that their new arrangement reduces
permeability perpendicular to the fault.

Mozley et al. (1996) discuss reduction in hydraulic conductivity associated with high-angle normal faults that
cut poorly consolidated sediments in the Albuquerque Basin, New Mexico. Such fault zones are commonly
cemented by calcite, and their cemented thickness ranges from a few centimeters to several meters, as a function
of the sediment grain size on either side of the fault. Cement is typically thickest where the host sediment is coarse
grained and thinnest where it is fine grained. In addition, the fault zone is widest where it cuts coarser-grained
sediments. Extensive discussion on deformation mechanisms and hydraulic properties of fault zones in
unconsolidated sediments is given in Bense et al. (2003). Various aspects of fluid flow related to faults and fault
zones are discussed in Haneberg et al. (1999).

An example of major faults in unconsolidated alluvial-fill basins in southern California acting as impermeable
barriers for groundwater flow is shown in Figure 4.18. The Rialto-Colton basin, which is heavily pumped for water
supply, is almost surrounded by impermeable fault barriers, receives negligible recharge from precipitation, and
very little lateral inflow in the far northwest from the percolating Lytle Creek waters. In contrast, the Bunker-Hill
basin, which is also heavily pumped for water supply, receives most of its significant recharge from numerous
losing surface streams, and runoff from the mountain front. As a result, the hydraulic heads in the Rialto-Colton
basin (not shown on the figure) are hundreds of feet lower than in the Bunker-Hill basin.

As discussed by Hatcher (1995), joints frequently form adjacent to brittle faults. Movement along faults
commonly produces a series of systematic fractures in which spacing decreases closer to the fault zone, and the
number of sets of joints increases. It is for this reason that fault zones in carbonate sediments and other rocks that
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do not have significant fine-grain fraction (sandstones are
an example) do act as preferential flowpaths and can
collect and transfer significant quantities of groundwater.
Some of the largest springs in the United States and
worldwide owe their existence to faults. For example, San
Marcos and Comal Springs of Central Texas are the
largest springs in the southwestern United States. The
artesian springs emerge at the base of the Balcones
Escarpment, a series of large-displacement faults that
force the water of the karstic Edwards aquifer to discharge
at the land surface (Figure 4.19). Other good examples of
fault-controlled springs are many springs in the classic
Dinaric karst of former Yugoslavia, some of which are the
largest in the world (see Chapter 10).

Figure 4.18. Alluvial-fill basins in southern California. White
lines are contours of hydraulic head; white arrows are general
directions of groundwater flow; bold red lines are major faults.
Modified from Danskin et al., 2006. USGS, in public domain.

Figure 4.19 Left: Idealized block diagram of the Edwards aquifer in the vicinity of Comal, Hueco, and San Marcos Springs,
south-central Texas. Modified from Musgrove and Crow, 2012. USGS, in public domain. Right: Main overflow from the

basin of San Marcos Springs, Texas.

58



Lecture 4 Groundwater Flow Part Two

4.2 Groundwater Velocity and Flow Rate

The seepage velocity or Darcy’s velocity, as defined by Darcy’s law (see Lecture 3 and Equations 3.1 through
3.5), is the product of the hydraulic conductivity (K) and the hydraulic gradient (i)

v=K=x*i 4.1

However, this is not the real velocity at which water particles move through the porous medium. Darcy’s law,
first derived experimentally, assumes that the groundwater flow ( Q) occurs through the entire cross-sectional area
(A) of a porous medium (sample) including both the voids and the grains—see Equation (b) in Figure 4.20. Since
the flow takes place only through interconnected voids, the effective cross-sectional area of flow (A4ef) is the sum
of the individual cross-sectional areas of voids—Equation (¢). The total volume of flow is the sum of individual
flows—Equation (d).

To preserve the principle of the continuity of flow (there is no gain or loss of water), a new equivalent velocity
(vL) that describes the flow through the effective cross-sectional area of voids is introduced—Equation (€). This
velocity is called linear velocity. Since the effective cross-sectional area of flow is smaller than the total area, it
follows that the linear velocity must be greater than Darcy’s velocity: v; > v. Equation (e) can be written as
Equation (f) where the fraction at the right-hand side can then be multiplied by the width of aquifer (sample)
segment of interest to obtain volumes—Equation (g).

The volume of effective (interconnected) voids that allows free gravity flow (V, ), divided by the total volume
of porous media (V), is the effective porosity (1. r) and Equation (f) can be written as Equation (h). After inserting
Equation (a) into Equation (h) and rearranging, the linear velocity is expressed with Equation 4.2.

Figure 4.20 Left: Schematic presentation of the volumetric flow rates and cross-sectional areas of flow. Right: Derivation of
the equation of linear flow velocity.

The following example illustrates how two different choices of two basic hydrogeologic parameters reflecting
heterogeneity can produce very different quantitative answers, even though both selections may seem reasonable.
Consider the following scenario: point of contaminant release and a potential receptor are 2500 feet apart; the
regional hydraulic gradient in the shallow aquifer, which consists of “fine sands”, is estimated from available
monitoring well data to be 0.002. How long would it take a dissolved contaminant particle to travel between the
two points, if the contaminant does not degrade or adsorb to solid particles (i.e., it moves at the same velocity as
water, it acts as a “conservative tracer’)?
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As shown in Figure 3.2 (Lecture 3), fine sand can have hydraulic conductivity anywhere between a little less
than 1 foot per day and about 40 feet per day. Effective porosity (specific yield) of “sand” can vary anywhere
between 20 and 45 percent (Figure 2.13, Lecture 2). Assuming the lowest values from the two ranges, the linear
velocity of a groundwater particle, using Equation (4.2), is:

_Kxi_08ft/dx0.002
Conep 0.2

173 = 0.016 ft/d

Based on this velocity, the time of groundwater (and dissolved contaminant) travel between the two points of
interest would be 156250 days or about 428 years (2500 foot-distance is divided by the velocity of 0.016 ft/day).
Using the highest values from the two ranges (40 ft/day and 45 percent), the time of travel would be about 14045
days or 38.5 years, which is a very significant difference, to say the least. This simple quantitative example shows
inherent uncertainties in quantifying groundwater flow velocities, even when assuming that the porous medium is
“homogeneous”.

Two main forces act upon individual water particles that move through porous media: friction between the
moving water particles and friction between the water particles and the solids surrounding the voids. This results
in uneven velocities of individual water particles: some travel faster and some slower (Figure 4.21). This
phenomenon is called mechanical dispersion and it is very important when quantifying transport of contaminants
dissolved in groundwater (more on fate and transport of contaminants is presented in Lecture 13). Because of
mechanical dispersion, the spreading of individual water (or dissolved contaminant) particles is in all three main
directions with respect to the overall groundwater flow direction: longitudinal, transverse, and vertical. A very
illustrative tool for demonstrating the effects varying hydraulic conductivity, porosity and hydraulic gradients have
on velocity, flow directions and dispersion of fluid particles is available as a public domain computer program
called Particleflow by Hsieh of the USGS (2001).

Figure 4.21 Schematic presentation of mechanical
dispersion caused by varying velocity of water particles
and tortuous paths between the porous medium grains.
Left: Friction between water particles and grains results
in slower velocities closer to the grains. From Franke et
al., 1990. USGS, in public domain.

Calculation of groundwater flow rate (Q) in any aquifer setting, i.e., for both confined and unconfined aquifers
of any cross-sectional area (A), and for the velocity vector in any direction (v), always starts with the basic
equation of the continuity of groundwater flow:

Q=v+A 4.3)

This simple principle is illustrated in Figure 4.22 which shows groundwater flow in a single flow tube of an
aquifer. There is no gain or loss of water in the flow tube between two cross-sectional areas A; and A, which can
be of different sizes. Three-dimensional surfaces of the same hydraulic head within the flow tube are called
equipotential surfaces. Their horizontal projections, often shown on hydrogeologic maps of aquifers, are called
equipotential lines.
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Analytical equations describing groundwater flow in a truly three-dimensional setting, like the one shown in
Figure 4.22, which would include all possible heterogeneities and anisotropies, are very complex and do not have
closed solutions. It is for this reason that numeric models of groundwater flow are being increasingly utilized given
the complex nature of most groundwater studies today. However, approximate analytical solutions based on
various assumptions (simplifications) are still widely used since they often provide satisfactory results for simple
field conditions.

Figure 4.22 Groundwater flow tube in an aquifer showing
principle of flow conservation—there is no gain or loss of
water within the flow tube. Modified from Kresic, 2007.
Copyright CRC Taylor & Francis; permission is required
for further use.

4.2.1 Steady state Flow

Volumetric steady state flow rate (i.e., flow rate that does not change with time) in a homogeneous, isotropic,
confined aquifer of constant thickness (b), which is resting on a horizontal base, can be calculated for any width
of the aquifer (a) by directly applying Darcy’s equation in its simplest form where the cross-sectional area of flow
isA = a X b (see Figure 4.23-Left):

hy —h
Q = KA % [m3/s or ft3/d] (4.4)

Analytic solutions and quantitative examples of more complex situations where the aquifer thickness changes,
the hydraulic conductivity is not uniform, or there are two sloping confined aquifers that merge into one, are
presented in Kresic, 2007 (Hydrogeology and Groundwater Modeling, Second Edition. CRC Taylor & Francis).

Figure 4.23 Elements for calculating
confined (Left) and unconfined (Right)
volumetric steady state flow rate using
Equations (4.4) and (4.5) respectively.
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Steady-state groundwater flow in an unconfined aquifer is in general somewhat more complex than in a
confined aquifer for the following two reasons: 1) the aquifer is likely receiving water from aerial recharge or is
losing water to evapotranspiration, and 2) the saturated thickness changes as the position of water table changes.

In the absence of any gain or loss of water (e.g., there is no recharge and no evapotranspiration), the steady
state volumetric flow rate in a homogeneous, isotropic, unconfined aquifer that is resting on a horizontal
impermeable base is:

X K el 4.5
=a .
Q o (4.5)
In case of aquifer recharge (W), at the location where x = 0 and h = h; the flow is
X K hi — L 4.5
=a —_——w= .
At any distance (x) from the coordinate beginning the flow is
S Sl ( L) 4.5b
Q=a oL wlx > (4.5b)

If the aquifer is losing water to evapotranspiration, term (w) becomes negative.

When two hydraulic heads along the flow path are known, the position of the hydraulic head at any distance
(x) from the origin can be calculated using the following equation:

X
he= [W-GE-RDT @9

Equations (4.5) and (4.6) assume that the groundwater flow in an unconfined aquifer is strictly horizontal, the
velocity is constant along a vertical and proportional to saturated aquifer thickness, and the water table is
“relatively flat.” These assumptions are referred to as Dupuit’s hypothesis after French scientist Jules Dupuit who
formulated it in 1863, based on Darcy’s law and laminar character of groundwater flow through unconsolidated
porous media (Dupuit, 1863).

4.2.2 Radial Steady State Flow in Confined Aquifer (Thiem Equation)

Time-independent (steady state) groundwater flow toward a well in a fully confined (non-leaky) aquifer is
described by the Thiem equation. It is attributed to German engineer G. Thiem who published it in 1906 in his
doctoral dissertation on the results of experiments and mathematical study relating to his field method of
determining aquifer parameters. Detail description of the Thiem equation application is given by Wenzell (1936).
The equation is based on the following assumptions:

e The well fully penetrates the confined aquifer and receives water from the entire thickness of the aquifer.

e The well is pumping water from the aquifer at a constant rate.

o The flow toward the well is radial, horizontal, and laminar, i.e., the flow lines are parallel along each
radial cross-section.

e The aquifer is homogeneous and isotropic and has uniform thickness and a horizontal base.

e After a certain period of pumping, the drawdown in the well does not increase anymore (it is stabilized),
and the steady state flow conditions are established.
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Figure 4.24 Elements for calculating
groundwater flow rate toward a fully
penetrating well in a confined aquifer using
Thiem equation.

Although these conditions are seldom completely satisfied, there are several situations when a steady state
approach to the well pumping test analysis may be justified for a preliminary assessment, such as when the
drawdown relatively stabilizes (“quasi steady state conditions.”) Figure 4.24 shows the elements for deriving the
Thiem equation. As with most other equations in hydrogeology, the flow rate (Q) is given as the product of the
cross-sectional area of flow (4) and the flow velocity (v):

Q=4-v (4.7)

The cross-sectional area of flow at distance » from the pumping well is the side of the cylinder with the
radius 7 and the thickness b (which is the thickness of the confined aquifer):

A =2nrb (4.8)

The velocity of flow at distance 7 is given as the product of the aquifer’s hydraulic conductivity (K) and the
hydraulic gradient which is an infinitesimally small drop in hydraulic head (d/) over an infinitesimally small
distance (dr):

—th 49
Ve (4.9)

Inserting equations (4.9) and (4.8) into equation (4.7) and solving for boundary conditions at distances 7;,, and
r from the well where the hydraulic heads are h,, and h, respectively, gives the following solution for the

hydraulic head (h,.) at any distance r from the well:

ho=h Lt 410
r=hy ZnanW (4.10)

The following boundary conditions enable introduction of the drawdown in the well (s,):
e Atdistance 1;, (which is the well radius) the hydraulic head is h,, (head in the well),

e At distance R from the well (which is the radius of well influence) the hydraulic head is H (which is the
undisturbed head, equal to the initial head before the pumping started).

Q R
H_hW:SW:27T_TlnT_ (411)
w
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The pumping rate of the well is:
_ 2nTs,

In R
rW

(4.12)

Equation (4.11) can be rewritten to give the drawdown at any radial distance from the pumping well:
_ LR
2nT  r

Noting all the constant terms in equation (2.21), the drawdown can be expressed as a function of distance
only:

s, (4.13)

Sr=—lTLR—TlnT‘ (4.14)

or, when the constant terms are replaced with general numbers:

s,=a—blnr (4.15)

Equation (4.15) means that the recorded data of drawdown versus radial distance from the pumping well would
form a straight line when plotted on a semi-logarithmic graph paper. Figure 4.25 shows a graph drawdown vs.
distance for two monitoring wells MW-1 and MW-2 located at distances 77 and 7, from the pumping well PW
respectively. Note that the drawdown recorded in the pumping well does not fall on the straight line connecting
the monitoring well data; it is below the straight line indicating that there is an additional drawdown in the well
because of a well loss. The well loss, which is inevitable at any well, is explained in detail in Lecture 15 (Chapter
15.3.3). In short, it is a consequence of various factors such as disturbance of porous medium near the well during
drilling, an improper (insufficient) well development, a poorly designed gravel pack and/or well screen, and
possible turbulent flow through the well screen. Because of the well loss, at least two monitoring wells are needed
to apply the Thiem equation for estimating aquifer properties using monitoring data. Using the pumping well
drawdown and the drawdown in one monitoring well would give erroneous results.

The steady-state radius of well influence (R) is the intercept of the straight line connecting the drawdowns at
monitoring wells with the zero drawdown. The aquifer transmissivity can be estimated by relating the coordinates
of any two points on the straight line:

Distance from the pumping well (ft;m)

0.1 y 1 r; 10 I, 100 R 1000
0§ o 0 O
[ T] 1
lsz MW2 |
103 - T Dl
£ s A
& 20 S ———— - 1 As
z AT
3 30 i
-g l well loss
o |
O 40 PW . .
Figure 4.25 Graph drawdown versus distance for
50 a pumping well with two monitoring wells. From
Kresic, 2007. Copyright CRC Taylor & Francis;
6.0 permission is required for further use.
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S; = const—iln T
1 2nT 't

s, = const ———Inr
2 2nT 2

The transmissivity is then found from this difference in drawdown for the chosen points:

Q 2
= - 4.1
2mAs in 7 (4.16)

For practical purposes it is better to express the transmissivity in terms of the common logarithm or decadic
logarithm (the logarithm to the base of 10 or log) since the corresponding graph is easier to use. Knowing that

logx =0.4343 Inx

and replacing “pi” (7r) with number 3.14, equation (4.16) becomes

;03660 "1
- AS Og T_l ( " )

If two points on the straight line are chosen to be one log cycle apart (i.e., the ratio of the distance
coordinates 7, and r; is 10), equation (4.17) reduces to the following simple form:

_ 0.366Q
N As

This is the final equation for determining transmissivity of a confined aquifer using the Thiem method. The

(4.18)

hydraulic conductivity of the aquifer porous media is found by dividing the transmissivity by the aquifer thickness.
Note that aquifer storage cannot be found using the steady-state approach.

4.2.3 Radial Steady State Flow in Unconfined Aquifer

Analysis of wells pumping from unconfined aquifers is more complex than that of confined aquifers since the
top of the aquifer corresponds to the water table and its position changes due to pumping. In other words, the
thickness of the aquifer (saturated zone) changes within the radius of the well influence: it is the smallest at the
well perimeter (see Figure 4.26). If the aquifer impermeable base is horizontal, and the reference level is set at the
base, the hydraulic head equals the water table, which simplifies the derivation of the flow equation.

Applying Dupuit’s hypothesis allows the exact calculation of the flow rate, whereas finding the accurate
position of the water table is more complicated and is based on various experimental (approximate) equations.
Figure 4.26 illustrates the concept of Dupuit’s hypothesis together with the real distribution of velocities around a
pumping well. Dupuit’s hypothesis states that:

e Equipotential lines are vertical.
e Velocity is constant along any given vertical (i.e., along an approximated equipotential line).
e The velocity vector has only the horizontal component (i.e., the streamlines are horizontal and parallel).
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However, the velocity vector has a vertical component, which increases closer to the well and the water table.
The actual position of the water table is above the calculated one (i.e., above Dupuit’s parabola) and this difference
at the well perimeter corresponds to the seepage face. At a certain distance from the well (denoted 7 in Figure
4.26) the difference between the actual and the calculated water table becomes very small and can be ignored for

practical purposes.

Figure 4.26 Schematic of radial
groundwater flow towards a fully
penetrating well pumping in an
unconfined aquifer. Arrows show
directions of groundwater flow.
Modified from Kresic, 2007.
Copyright CRC Taylor & Francis;
permission is required for further use.

As always, the flow rate (Q) is given as the product of the cross-sectional area of flow (A) and the flow

(seepage) velocity (v):
Q=AXv (4.19)

The cross-sectional area of flow at distance r from the pumping well is the side of the cylinder with radius r
and thickness h (which is the thickness of the saturated zone at that distance):

A = 2rmh (4.20)

The velocity of flow at distance r is given as the product of the aquifer hydraulic conductivity (K) and the
hydraulic gradient, which is an infinitesimally small drop in hydraulic head (d/) over an infinitesimally small

distance (dr):

—th 4.21
v = . (4.21)

Inserting equations (4.20) and (4.21) into equation (4.19), and solving for boundary conditions

e Atdistance 1;, (which is the well radius) the hydraulic head is 4,, (head in the well).
e At distance r from the well the hydraulic head is h:

gives the following expression for the well pumping rate:

h* —h
Q= nK(—rW) (4.22)
lnr—
w
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The well pumping rate for any other pair of known hydraulic heads and the corresponding distances from the
well, such as the radius of well influence (R) and the well radius (7;, ) is (see Figure 4.29)

(H? = hy)
Q =nK—Fp— (4.23)
lna

If the heads (or drawdown) in two monitoring wells are known, the hydraulic conductivity can be found

using the following equation:

Q In2
K=—o 1 (4.24)
n(h3 — hi

The hydraulic conductivity and the radius of well influence can also be found graphoanalytically (see Figure
4.27), similarly to the confined aquifer case described earlier (after expressing natural logarithm as decadic

logarithm):
0.733-Q Ty

K=——"—""log= 4.25
A(H? — h%) I (423)

If two points on the straight line are chosen to be one log cycle apart (i.e., the ratio of 7, and 7y is 10), the

equation (4.25) reduces to
0.733-Q

K= m (4.26)

Distance from the pumping well (m)
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r:\I:: 100 / Figure 4.27 Semilogarithmic graph for
Pt determining hydraulic conductivity and
120 /’ [ | | [ | [ radius of well influence using data from a
7 pumping test in an unconfined aquifer.
140 /0 Pumping Modified from Kresic, 2007. Copyright
Well CRC Taylor & Francis; permission is
160 L |11 required for further use.
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The radius of well influence is determined by the interception of the straight line drawn through the monitoring
well points with the line of zero drawdown. Note that the straight line should be drawn only through the monitoring
well points, since the actual drawdown recorded in the pumping well includes an additional drawdown component.
This additional drawdown is a consequence of the well loss, as well as the presence of a seepage face along the
well screen perimeter.

Equation, based on Dupuit’s assumption, that describes the position of the water table (/) at distance (1)
from the pumping well is

Q r 1/2
h= [hfv + n—Klnr—] (4.27)
w

where £, is the hydraulic head recorded in the well, and 7;, is the well radius. This equation is also known as
Dupuit’s parabola.

The position of water table (h) at any distance (1) from the pumping well can be expressed in terms of other
known heads and distances at which they are recorded. This is a more convenient method for calculating Dupuit’s
parabola since one does not need to know the hydraulic conductivity and the well pumping rate:

r

h= |W%+ (H? — h2)—

(4.28)
In a
where H is the initial hydraulic head (before pumping) and R is the radius of well influence.

The position of the actual water table is above the Dupuit’s parabola, and several experimental (approximate)
equations have been proposed for its calculation. One of the more common is the Babbitt-Caldwell equation
(adapted from Kashef, 1987) which estimates the actual hydraulic head at the pumping well perimeter as:

o 0.6 HZ—h, l R
= _—— . n
0 H R 0.1H
n —
TW

(4.29)

The difference between the actual hydraulic head outside the pumping well (%) and the head measured in
the pumping well (4,,) gives the length of the seepage face: Ah = hy — h,, which includes the well loss.

4.2.4 Radial Transient Flow in Confined Aquifer (Theis Equation)

The following discussion is adopted from Kresic (2007). The Theis equation (Theis, 1935), which describes a
transient (non-equilibrium) groundwater flow toward a fully penetrating well in a confined aquifer, is the basis for
most methods of transient pumping test analysis. Using the equation, aquifer transmissivity and storage can be
determined from the drawdown measurements without the need for drawdown stabilization. In addition, only one
observation well is enough to estimate the aquifer’s hydrogeologic parameters, as opposed to the steady state
calculations where at least two observation wells are needed.

The Theis equation gives the drawdown (s) at any time after the beginning of pumping:
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0

where Q is the pumping rate kept constant during the test, 7 is the transmissivity, and W(u) is called the well
function of u, also known as the Theis function, or simply the well function. Dimensionless parameter u is given
as:

r2S

T

(4.31)

where 7 is the distance from the pumping well where the drawdown is recorded, S is the storage coefficient, and ¢
is the time since the beginning of pumping. The well function of u is the exponential integral

OOe—u
W(u) = —-E(-i) = —J —du (4.32)
w U
which can also be expressed with the following series:
2 u3 ut
W(u)=-05772 —lnu+u — > 71 + 3.3l 7.4l + - (4.33)
or as
0.5615 un
W(u) = ln— z -t —— 4.34
(=== ) O™ (434)
n=

Values of W (u) for various values of the parameter u are given in Appendix A and can be readily found in
groundwater literature.

Theis derived his equation based on quite a few assumptions and it is very important to understand its
limitations. If the aquifer tested and the test conditions significantly deviate from these assumptions (which, in
fact, is very often the case in reality), other methods of analysis using appropriate analytical equations should be
used. The equation (4.30) is valid for the following conditions (modified from Driscoll, 1986):

e The aquifer is homogeneous and isotropic.

e The aquifer is uniform in thickness and the pumping never affects its exterior boundary (the aquifer can
be considered infinite in areal extent).

The aquifer is confined, and it does not receive any recharge.

Well discharge is derived entirely from aquifer storage.

The water removed from storage is discharged instantaneously when the head is lowered.

The pumping rate is constant.

The radius of the well is infinitesimally small, i.e., the storage in the well can be ignored.

The pumping well is fully penetrating: it receives water from the entire thickness of the aquifer, and it is
100 % efficient (there are no well losses).

e The initial potentiometric surface (before pumping) is horizontal.

The Theis equation can be used to determine aquifer transmissivity and storage if frequent measurements of
drawdown versus time are performed in one or more observation wells. Equation (4.30) has no explicit solution
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and Theis introduced a graphical method, which gives T and S if other terms are known. Theoretical curve W (1)
versus 1/u is plotted on a graph paper with logarithmic scales as shown in Figure 4.28 (black lines graph). Field
data of drawdown (s) versus time (t) for an observation well is plotted separately on a graph with the same scale
(blue lines graph). This field data (blue circles) for the observation well is then superimposed on the theoretical
curve (thick black line), also called type curve. It is essential that both graphs have identical logarithmic scales and
cycles as shown in Figure 4.28. Keeping the coordinate axes of the curves parallel, the field data is matched to the
type curve.

Once a satisfactory match is found, a match point on the overlapping graphs is selected. The match point is
defined by four coordinates, the values of which are read on two graphs: W (u) and 1/u on the type curve graph
(black lines graph), s and t on the field graph (blue lines graph.) The match point can be any point on the
overlapping graphs, i.e., it does not have to be on the matching curve. Figure 4.28 shows two options for selecting
a matching point: one chosen outside the matching curve to obtain convenient values of W (u) and 1/u: 1 and
100 respectively, and one on the matching curve which may seem more logical. However, both matching points
should lead to the same values of T and S if the coordinates are read carefully.

The transmissivity is solved from equation
(4.30) by using the values of match point
coordinates s and W (u):

_Q
T= W (4.35)

Figure 4.28 Graphoanalytical solution of the Theis
equation for a pumping test data at a monitoring well
located 40.5 meters from the pumping test well. The
fully penetrating well was pumping from a confined
aquifer for 24 hours at a constant rate of 8 liters per
second (0.008 m?s). The black graph is the
theoretical Theis curve. Copyright CRC Taylor &
Francis; permission is required for further use.

The storage coefficient is calculated using equation (2.60), the match point coordinates //u and ¢, and the
transmissivity value determined with equation (4.35):
4Ttu

(4.36)

For the example shown in Figure 4.28 the coordinates of the match point on the curve are:

W) =4.75 1/u =180 u=0.0055
s=20m t = 39 minutes = 2440 seconds
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The transmissivity is calculated using equation (4.35):

_ 0.008 m¥/s 475 = 1.51 x 1073 m?
T domo20m 0T & m*/s

The storage coefficient is calculated using equation (4.36):

G- 4-1.51x 1073 m?/s - 2340 sec- 0.0055

= 47x107°
(40.5 m)?

The hydraulic conductivity (K) is calculated from the transmissivity (7) and the aquifer thickness (b=18m):

=l - 1.51x107% m?/s 839 % 10-5
b 18m - s

General Note on Application of the Theis Equation

If the focused conceptual site model (CSM) developed prior to the test suggests that the aquifer should
“behave” like a homogeneous confined aquifer, but the test field data cannot be matched to the theoretical Theis
curve because of an “odd” shape, the reason may be that the CSM was not appropriate because one or more of the
following (see also Figure 4.29):

The aquifer is not confined.

The aquifer is heterogeneous and/or anisotropic.

There is a source of recharge/discharge such as leaky aquifer/aquitard conditions.
The aquifer behaves as a dual porosity medium (fractured and karst aquifers).
There is one or more hydraulic boundaries.

In such cases, a hydrogeologic assessment of the possible causes should be made and the pumping test should
be analyzed with an appropriate method as illustrated with quantitative examples in Kresic, 2007 (Hydrogeology
and Groundwater Modeling, Second Edition. CRC Taylor & Francis).

Figure 4.29 Log-log and semi-log curves of drawdown versus time for different types of aquifers and boundary conditions.
Blue line—observed in the field, dashed red line—theoretical Theis’ curve. A: confined; B unconfined; C: leaky (or semi-
confined); D: effect of partial penetration; E: effect of recharge boundary; F: effects of an impervious boundary. Modified
from Griffioen and Kruseman, 2004; UNESCO, Paris, in public domain.
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5.1 Groundwater Flow in Fractured Rock and Karst Aquifers

This section is a compilation of the abbreviated materials from Kresic, 2007 (Hydrogeology and Groundwater
Modeling, Second Edition. Copyright CRC Taylor & Francis); 2009 (Groundwater Resources: Sustainability,
Management, and Restoration. Copyright by McGraw Hill); and 2013 (Water in Karst: Management,
Vulnerability, and Restoration. Copyright McGraw Hill).

There is a wide array of possible approaches to calculate groundwater flow rates in fractured rock and karst
aquifers. The simplest one is to assume that the porous media all behave similarly, at some representative scale,
and then simply apply Darcy’s equation. Although this equivalent porous medium (EPM) approach still seems to
be the predominant in hydrogeologic practice, it is not always justified in anisotropic fractured rock or karst
aquifers. Its inadequacy is emphasized when dealing with contaminant fate and transport analyses where all field
scales are equally important, starting with contaminant diffusion into the rock matrix, and ending with predictions
of most likely contaminant pathways in the subsurface. In the analytically most complicated, but at the same time
the most realistic case, the groundwater flow rate is calculated by integrating the equations of flow through the
rock matrix assuming it is laminar (Darcy’s flow) and the hydraulic equations of flow through various sets of
fractures, pipes, and channels. This integration, or interconnectivity between the four different flow components,
can be deterministic, stochastic, or some combination of the two.

Deterministic connectivity is established by a direct translation of actual field measurements of the geometric
fracture parameters such as dip and strike (orientation), aperture, and spacing between individual fractures (and
bedding planes where applicable) in the same fracture set, and then doing the same for any other fracture set. Karst
cavities are incorporated in the similar way, by measuring the geometry of each individual cavity (cave). Finally,
all the discontinuities (fractures and cavities) are interconnected based on the field measurements and mapping.
As can be easily concluded, such deterministic approach includes many uncertainties and assumptions by default
(“You have walked and measured this cave passage, but what if there are other ones somewhere in the vicinity
you don’t know anything about?*).

Stochastic interconnectivity is established by randomly generating fractures or pipes using some statistical
and/or probabilistic approach based on field measures of the geometric fracture (or pipe) parameters. An example
of combining stochastic and deterministic approaches is when computer-generated (stochastic) fracture and/or
pipe sets are intersected by some known major preferential flow paths such as a faults or caves. Except for
relatively simple analytical calculations using homogeneous, isotropic, equivalent porous medium (EPM)

approach, most other quantitative methods for
fractured rock and karst groundwater flow
calculations include some type of modeling.

Figure 5.1 Fracture porosity (nr) equations for the
slides, matches, and cubes fracture models where a
is the fracture spacing and b is the fracture aperture.
Modified from Cohen and Mercer, 1993; Originally
nf=—4 Ne=— released by C.K. Smoley, CRC Press.
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Fracture spacing (m)

Figures 5.1 and 5.2 show determination of fracture porosity for three highly simplified geometric models of
fracture sets. Porosity determined in this way can be used to approximate cross-sectional area (A) of flow in the
aquifer that takes place through fractures and, together with some “equivalent” hydraulic conductivity (K') and the
hydraulic gradient (I), calculate the “equivalent” groundwater flow rate using the well-known simple equation
based on Darcy’s Law: Q = AKi.

Separation

¢ Asperity
Aperture

:

Figure 5.3 Left: Fracture aperture, asperity, and separation between two parallel fractures in the same fracture set. Right:
Channeling in a fracture plane From Cacas, 1989. Doctoral dissertation, Ecole des Mines de Paris, Fontainebleau, France.

Fracture aperture (width) is a parameter used most often in various single-fracture flow equations, while a
spacing between the fractures (separation) and a fracture orientation are used when calculating flow through a set
of fractures. However, these actual physical characteristics are not easily and meaningfully translated into various
equations attempting to describe flow at a realistic field scale:

1. As illustrated in Figure 5.3-Left, fracture aperture is not constant and there are voids and very narrow or
contact areas called asperities. Various experimental studies have shown that the actual flow in a fracture
is channeled through narrow, conduit-like tortuous paths (Figure 5.3-Righf) and cannot be simply
represented by the flow between two parallel plates separated by the “mean” aperture. In carbonate
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aquifers this channeled flow may result in formation of karst conduits as the rock mass is being
preferentially dissolved by the flowing groundwater.

2. Because of stress release, the aperture measure at outcrops or in accessible cave passages is not the same
as an in-situ aperture. Aperture measured on drill cores and in borings is also not a true one — the drilling
process commonly causes bedrock adjacent to fractures to break out thereby increasing the apparent
widths of fracture openings as viewed on borehole-wall images (Williams et al., 2002).

3. Fractures have limited length and width, which can also vary between individual fractures in the same
fracture set. Spacing between individual fractures in the same set can also vary. Since all these variations
take place in the three-dimensional space, they cannot be directly observed, except through continuous
coring and logging of multiple closely spaced boreholes, which is the main cost-limiting factor (see Figure
5.4.)

Fractures also have a limited extent in the 3D space of an aquifer, of which is little known. In order to simulate
flow through a network of fractures, one has to decide on the spatial geometry of individual fractures and their
interconnectivity within the entire aquifer volume of interest. This is done in many ways, including simulations
with 2D fracture traces (orthogonal, or intersecting at an angle), 3D orthogonal disks, 3D disc clusters centered on
seeds generated by a random process, or some 2D or 3D hierarchical model (Chiles, 1989a, 1989b; Chilés and
Marsily, 1993; Long, 1983; Long et al., 1985). Whatever approach is selected, numeric models are arguably the
only quantitative tool capable of solving groundwater flow through complex fracture networks.

Figure 5.4 Left: Caliper, fluid-resistivity, temperature, and flowmeter logs of borehole RD-46B, Rocketdyne Santa Susana
Field Laboratory, Ventura County, California (arrows indicate flow zones; blue indicates ambient conditions, red indicates
pumped conditions; negative values indicate downflow, positive values indicate upflow). Right: Optical-televiewer image of
the flow zone near 290 feet in borehole RD-46B showing intersection of a steeply dipping fracture and bedding-parallel
fractures in mudstone and sandstone that provide majority of the flow. Rocketdyne Santa Susana Field laboratory, Ventura
County, California. Modified from Williams et al., 2002. USGS, in public domain.

The evolution of analytical equations and various approaches in quantifying fracture flow is given by
Whiterspoon (2000) and Faybishenko et al. (2000). In the simplest form, the hydraulic conductivity of a fracture
with an aperture B (in Whiterspoon’s notation B = 2b ) and represented with two parallel plates is:
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pPYg
K =B?*— 5.1

120 (5.1)
where p is the fluid density, g is the acceleration of gravity, and g is the fluid viscosity. The groundwater flow
rate through a cross-sectional area A = Ba (where B is the fracture aperture and a is the fracture width
perpendicular to the flow direction) is:

pg \ dh
axv=—a(B) P s
¢ 12u/ dx (5:2)

where dh/dx is the change in the hydraulic head (h) along the flow direction (x). In the definite form, this change
is denoted with A4 and the minus sign disappears due to integration. The fracture flow approximation, called
Cubic Law, assumes that the representative aquifer volume acts as an equivalent porous medium (Darcian
continuum). Whiterspoon gives another form of the cubic law:

Q CB3
A T (5.3)

where C is a constant that depends on the geometry of the flow field and f is the roughness that accounts for
deviations from ideal conditions, which assume smooth fracture walls and laminar flow. The roughness f'is related
to the Reynolds number (Re; indicator if the flow is turbulent or laminar), and the friction factor (¥) through the
following equation:

_ YRe 54
The Reynolds number is given as:
Dvp
Re = T (55)

where D is the fracture hydraulic diameter assumed to be equal to 4 times the hydraulic radius (hydraulic radius
is the ratio of the cross-sectional area of fluid flow through a fracture to the wetted perimeter of the fracture.)

For a relatively smooth fracture, where the ratio between fracture asperity and aperture is less than 0.1, the
transition to turbulent flow is at Reynolds number of about Re=2400. As this ratio, which is the indicator of
fracture roughness, increases, the Reynolds number for transition to turbulent flow decreases significantly. The
friction factor (¥) is given by:

P Ah (5.6)

“v/2g

where v is the flow velocity. Equations of fluid flow in non-ideal fractures with influences of various geometric

irregularities, and fracture network modeling approaches are discussed in detail by Bear et al. (1993), Zimmerman
and Yeo (2000), and Faybishenko et al. (2000).

The examples in Figure 5.5 illustrate differences between calculations of representative groundwater velocity
and flow rate through a confining low-permeable layer that behaves like a dual porosity medium where the flow
takes place in both the rock matrix and the fractures. Figure 5.5(a) shows elements for calculation of vertical flow
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velocity and flow rate through a 4-meter-thick confining layer without fractures, having effective porosity of 3%.
The linear velocity (v}) is calculated using Darcy’s law (Equation (4.2)

:Kvxl-:Kvx(“L—h):5x10-8cm/sx(i—$)

nef nef 0.03

_7 cm
14 =83x%x10"cm/s = 26.3—
yr
where K, is the vertical hydraulic conductivity of the rock matrix, A/ is the difference in the hydraulic heads
between the unconfined and confined aquifers (it is 2 m in this case), L is the thickness of the confining layer (4
m), and N is the effective porosity (3 percent). The time of travel across the confining layer is 15.2 years, and

it is found by dividing the thickness of the layer (travel distance; L = 4m) with the linear velocity (v, =
0.263 m/yr).

(a) | b
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|
|
|
b | i T 1 ‘ '
Ah=2m | uUnconfined 1 ! 1 l
—Y I aquifer Q : ! / Q ‘
L I I ? I
> ! | I |
2 | [
2
~QE-; Confining K, = 5x10-8 cm/s | Fracturesaperture ‘
— | = = -
S layer L=4m  _5410-10 mys /4\ S50 5 .‘B_5X10 m /ﬂ
o ! 1 <&
o | \((‘ N
Confined aquifer / Confined aquifer ‘“/
[ 1m -t Not to scale ‘

Figure 5.5 (a): Elements for calculating groundwater velocity and flow rate across an unfractured confining layer 4 m thick.
Calculation based on Darcy’s Law; explanation in text; (b): Elements for calculating groundwater velocity and flow rate
through a single fracture with aperture B=5x10-3m, crossing a confining layer 4 m thick; explanation in text. Concept based
on Cherry et al., 2006.

The flow rate through the confining layer per unit area is found by multiplying the cross-sectional area of flow
(A=1m? in this case) with the Darcy’s velocity (not the linear velocity):

Ah
Q=vxA=K,x — X A=5x%x10"1m/s x i—$ x Im? =5%x1071m3/s =2.16x107> m3/d

Figure 5.5(b) shows elements for calculating the flow velocity (V) through a single fracture of aperture
B =5x10"m (50 microns) across a confining layer 4 m thick, using an equivalent hydraulic conductivity of
the fracture (Equation 5.1):

. pg _ Ah g _Ah
=K Xi=B*—X—=B*—"—x—
vEAr Rt 1207 L 12v. L

C(5x105my2x OBLm/ST  am 10 = 883m/d
= M) X 12X 0000001 mZ/s < am = m/s = 883m/day

where K is the hydraulic conductivity of the fracture, v is the flow velocity through the fracture, u is dynamic
viscosity, p is water density, g is acceleration of gravity, and v is kinematic viscosity. Note that dynamic viscosity
and density are related through kinematic viscosity as follows: v = u/p. The kinematic viscosity of water at
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temperature of 20 °C is 1x10° m?*/s (McCutcheon et al., 1993), and the acceleration of gravity is rounded to 9.81

m/s.

The time of travel across the 4-meter-thick confining layer through the fracture is very short, less than one
day, and it is calculated by dividing the distance of travel (L=4 m) with the flow velocity (v = 88.3 m/d). The
equivalent hydraulic conductivity of the fracture is here calculated as 2.04 x 10~ m/s, or seven orders of magnitude
greater than the hydraulic conductivity of the rock matrix (5x1071° m/s).

The flow rate through this single fracture, for a one-meter-long segment (a = 1m), is found by applying the
so-called Cubic Law (equation 5.2), i.e., by multiplying the flow velocity with the cross-sectional area of flow (4),
where A=a X Band p/u=1/v

pg Ah g Ah
=A =axXBXB?’—x—=aB3—Xx—
Q=4xv=a 2.7 * 127
9.81 m/s? o 2m
12 X 0.000001 m?2/s  4m

=1m X (5x10°m)3 x = 4.4 x 103 m?/day

Comparison of the results shows that both the flow velocity and the flow rate through a single fracture are
incomparably higher than through the rock matrix. It is obvious that, in case of fractured rock aquifers, the actual
water flux through them will mostly depend on the effective aperture (which considers presence of asperities and
fill materials), the number, the three-dimensional extent, and the interconnectivity of all fractures present within a
representative volume of the aquifer. However, in many cases it would be very difficult to accurately define the
effective aperture and the geometry of the fractures (fracture systems) within a fractured rock aquifer, and various
assumptions would have to be made.

Similarly to the effective porosity and the hydraulic conductivity, it is often challenging to define the hydraulic
gradient for an area (volume) of a fractured rock aquifer of interest. There may be multiple fracture sets at various
depths and of different dip, and they may have varying degrees of hydraulic connectivity including its complete
absence. Installing piezometers (monitoring wells) at the same depth, or even at two different depths (“shallow”
and “deep”), which is a rather common practice, may therefore not provide for an accurate interpretation of the
representative hydraulic gradient if the wells are screened in different sets of fractures, or some of them are not
intersecting fractures at all.

Figure 5.6 illustrates just some possible spatial relationships and hydraulic interactions between fractures and
sets of fractures in bedrock aquifers. Differences in the hydraulic head between two fractures or fracture sets may
produce vertical fluid flow in long boreholes. Water would enter the borehole at the fracture with the higher head
and flow toward and into the fracture with the lower head. The vertical flow rate is limited by the fracture with the
lower transmissivity. If the heads of the different transmissive zones are the same, no vertical flow will occur in
the well or borehole. However, it is recognized that the borehole may facilitate vertical flow between fractures that
would not normally be present, so any interpretation of the hydraulic heads and possible vertical flows must be
made with caution.

The presence of varying permeability intervals in a borehole (well) may be indicated by various methods of
geophysical logging, and their actual flow contribution may be measured and calculated using borehole flow
meters (“flowmeters”). Flowmeters can be utilized in various ways, with or without pumping of the well. During
well pumping packers can be used to isolate portions of the open borehole for a more precise characterization.

77



Hydrogeology 101

Figure 5.6 Left: Diagram showing orientation of fractures intersecting boreholes URL14 and URL15 determined from
acoustic televiewer logs and projections of fractures between the two boreholes. Right: Diagram showing inferred hydraulic
connection between boreholes URL14 and URL15 during crosshole pumping tests. Modified from Paillet, 1989. USGS, in
public domain.

Simultaneous use of geophysical logging tools and flowmeters is likely the best available method for
characterization of aquifer heterogeneity and subsequently of the representative hydraulic heads and the hydraulic
gradients (Paillet, 1994; Paillet and Reese, 2000; Molz et al., 1990). Integration of geophysical methods with
conventional logging techniques can be used to define flow zones, lithology, and structure, as well as their relations
within the aquifer (Figure 5.6-Left). Borehole flowmeters, whether vertical or horizontal, are used to both identify
and quantify water producing zones in a well. Flow logging tests between boreholes (“crosshole” tests) can indicate
the degree of connectivity of transmissive zones beyond individual borings (Figure 5.6-Right).

It became standard practice in hydrogeology to develop potentiometric surface contour maps for fractured
bedrock aquifers as if they behave like unconsolidated sand and gravel aquifers, i.e., assuming a Darcian
continuum where groundwater is flowing through the interconnected pore space (effective porosity) between solid
grains: the so-called equivalent porous media approach or EPM. In contrast, a fractured bedrock aquifer is a dual
porosity medium where groundwater flow in two distinct porous media, the fractures, and the surrounding rock
matrix, is fundamentally different. Such EPM maps are often developed using data from all available wells
(piezometers), possibly screened at similar depths in the bedrock, and contouring them together regardless of the
information provided by the boring logs and geophysical logging (i.e., if the well screen intervals are monitoring
the same set of hydraulically connected fractures or no fractures at all). Some practitioners may, using “best
professional judgment”, choose to exclude “strange” data from the contouring data set, such as significantly higher
or lower individual data points that do not “behave” like the rest; or the wells that are screened entirely in the rock
matrix without any fractures. If enough monitoring wells are intersecting the predominant fracture network, the
resulting map may be a reasonable approximation of the overall groundwater flow characteristics. One such map
is shown in Figure 5.7: the contours are more widely spaced where there are more interconnected fractures,
indicating a more transmissive portion of the aquifer, and the flow is always from the higher hydraulic heads
towards the lower hydraulic heads including in the fractures. In addition, the question marks indicate where the
contours are uncertain, either because of the absence of data points or because of questionable data. Maps like this
one are routinely used to calculate hydraulic gradients and, subsequently, the linear groundwater flow velocity
using equation 4.2. For example, the hydraulic gradient between contours 238 and 237 (which are given in feet
above datum) is:
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Figure 5.7 Hypothetical equipotential (piezometric)
surface contour lines (blue dashed lines) with elevation
in feet above datum, as commonly plotted in
hydrogeologic practice, for a section of a fractured
bedrock aquifer with hydraulically connected fractures
(red lines) at approximately same depth below ground
surface. The general groundwater flow is from the right
to the left, with blue arrows showing flow direction
inside the fractures. Yellow shaded areas represent
“dead-end” fractures in which the flow is slow to
stagnant. Explanation in text. Concept from Milojevic,
1967. University of Belgrade; acknowledgement
required for further use.

Ah,  238ft — 237ft
= 0.0056
h= 180t

and between contours 237 and 236 it is:

| Ah,  237ft—236ft
2T T T 1308t

= 0.0077

Again, this EPM approach should be applied with care since it does not differentiate between the flow, and
therefore hydraulic gradients, in the fractures and in the matrix, nor it considers a degree of connectivity between
these two porous media. Figure 5.8 illustrates this point and the complex nature of groundwater flow in a dual
porosity medium. Especially challenging when interpreting field-observed hydraulic heads at piezometers and
monitoring wells is the presence of dipping fractures that connect (sub)horizontal fractures when there are vertical
gradients in the aquifer, which is usually the case. For example, Figure 5.8 shows that, locally, the flow in a fracture
may be in opposite directions because of the hydraulic influence of the intersection between two vertical fractures
when there is a downward hydraulic gradient in the aquifer. In addition, the local hydraulic gradients in the matrix
can be at varying angles to the overall flow direction depending on the proximity of fractures which act as linear
hydraulic sinks for the flow in rock matrix.

Figure 5.8 Portion, 30 ft across, of a proof-of-concept
numeric model of a fractured rock aquifer with two
sets of parallel fractures, perpendicular to each other
(shown here is one intersection of two fractures from
the two sets.) Fractures (red lines) are vertical parallel
plates and are modeled explicitly, with aperture of
0.02 inches (0.5 cm) and equivalent hydraulic
conductivity of 200 ft/d. The matrix has hydraulic
conductivity of 0.01 ft/d. Blue contours are simulated
hydraulic heads, blue arrows show flow direction in
the matrix, black arrows show flow direction in the
fractures. General regional flow direction is from right
to left. There is a vertical hydraulic gradient between
the regolith and the underlying bedrock aquifer, and this gradient propagates deeper into the bedrock. The flow in fractures
in the center of the map is towards their intersection and downward because of this. The map view is solution for a horizontal
aquifer section 30 feet below top of bedrock.
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5.2. Groundwater Flow in Karst

Determining groundwater flow direction, hydraulic gradient, and flow rate in karst aquifers is the most
challenging task in hydrogeology. This is because, in addition to the related challenges described for fractured
rock aquifers, there is a third type of porosity in soluble carbonate rocks, namely dissolution-enhanced initial
mechanical discontinuities (secondary porosity) which are formed by folding, fracturing, and faulting of the brittle
sediments. These features are often called fertiary porosity or karst porosity, and come in many different shapes,
forms, and sizes. They are interchangeably referred to as karst cavities, conduits, and channels, or preferential
flowpaths in general.

Photographs in Figures 5.9 through 5.12 illustrate just some of the features that clearly differentiate karst from
any other porous media. Most importantly, and unlike fracture networks in non-karstified rocks, the transmissive
networks of karst conduits, channels and their various combinations can extend below topographic divides,
creating extensive and usually unpredictable subsurface (hydrogeologic) drainage areas that give rise to numerous
large springs around the world, including the largest.

Figure 5.9 |Initial discontinuities such as fissures,
fractures and bedding planes in carbonate rocks are
enlarged by dissolution at the surface which continues
deeper into the rock, creating various preferential flow
paths within the aquifer such as interconnected voids,
cavities, conduits, and channels. Top left: highly
karstified Upper Silurian-Lower Devonian limestone in
Highland County, Virginia. Top right: detail, 2m across,
of limestone dissolution along fractures in the famous
karst area of Ireland called Burren. Lower left: karstified
limestone beds on the bank of Li River, Guangxi
Province, China. Lower right: rudimentary sinkhole in
Mesozoic limestone, 1m across, in Makarska, Croatia.

Figure 5.10 Former and current springs in karst are outlets of interconnected preferential flowpaths (networks of karst
conduits and channels.) Left: Former spring in Shalipayco, Peruvian Andes. Middle Left. Spring at the outer ring of the
Montezuma Lake, Arizona. Middle Right: Otlica Window, outlet of a former spring, Slovenia; photo courtesy of Matej
Blatnik. Right: Former spring at Plitvice Lakes, Croatia.
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Figure 5.11 Left: Molnar Janos Cave in Budapest, Hungary with water temperature between 20 and 28 degrees Celsius.
Budapest is the spa capital of Europe with numerous thermal springs issuing from the karst aquifer below the city. Photo
courtesy of Radoslav Husék. Right: Screenshot of a diving video at Radium Springs, Georgia, the United States, October 31,
2015, taken by Guy Bryant with divers Kelly Jessop and Peter Buzzacott. Note high matrix porosity of the upper Eocene
Ocala limestone enhanced by dissolution. Video available on YouTube (CDroHOS56F-Y)

Figure 5.12 Left: View of the Wakulla Spring outlet from a cave diver’s perspective. This first magnitude spring in Wakulla
County, Florida is one of the largest and deepest freshwater springs in the world with miles of explored submerged cave
passages. It is a major tourist attraction. Several of the early Tarzan movies starring Johnny Weissmuller were filmed in the
Wakulla Springs state park. Photo copyright David Rhea & Global Underwater Explorers 2006, printed with permission.
Right: Computer-generated view of the submerged Wakulla Cave passages based on the cave diving surveys. The passages
all converge toward the Wakulla Spring. Courtesy of Dr. Todd Kincaid.

5.2.1 Flow in Conduits

This section is based on the materials presented in Kresic, 2013, and Kresic and Stevanovi¢, 2010. In many
karst aquifers the most important portion of groundwater flow takes place in submerged interconnected solution
cavities, commonly referred to as conduits, where the flow is under pressure most of the time. By definition, a
conduit has one dimension, length, disproportionally larger than the other two. The most complicating and
challenging factor when attempting to apply principles of pipe (conduit) hydraulics to real karst conduits is that
their orientation and interconnectivity within the three-dimensional aquifer space is for the most part unknown
and unpredictable. Notably, a network of accessible cave passages that has been mapped in the field often does
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not represent the conduit network where the actual flow is taking place most of the time. The accessible cave
passages may have some visible flow along their floors and may become more active or even fully submerged
during major recharge episodes, but the flow in the permanently saturated zone is taking place at lower horizons,
usually inaccessible even to well-equipped, skillful cave divers.

Most importantly, the traditional hydraulics of pipes is based on the principle of flow continuity which
assumes that there is no inflow or outflow of water through pipe walls. This is illustrated with Figure 5.13. The
flow rate (Q) through an elementary flow tube is directly proportional to the cross-sectional area of the tube (a)
and the flow velocity (v):

dQ = vda (5.7)

Many such elementary flow tubes can be combined into a realistic 3D portion of an aquifer through which the
groundwater flow is taking place; if there is no loss or gain of water inside this (combined) realistic flow tube,
however, the principle is the same:

Q= LdQ = Lvda (5.8)

Q= jAdQ = Lvda (5.8)

Q =vawA (5.9

where A is the sum of all cross sections of the elementary flow tubes, and v,,, is the average flow velocity within
the realistic flow tube.

Figure 5.13 Flow tube in porous media; da = cross section of elementary flow tube; dQ = elementary flow rate; 4, A;, A2 =
cross sectional area of flow; Q; and Q, =flow rate; v; and v, = average flow velocity.

Two or more flow tubes can merge into one and the resulting flow rate is additive. Consequently, one flow
tube can split into several where the sum of the new flows is equal to the initial flow. It should be noted that the
term “tube” in aquifer hydraulics does not imply that the portion of the aquifer under consideration must look like
(has shape of) a tube; what it means is that the flow lines (streamlines) of groundwater particles inside the tube
remain inside, and there are no new particles entering the tube. In a karst aquifer, however, where there is an
ongoing and significant exchange of water between the conduits (pipes) and the surrounding rock matrix including
small fissures and fractures, the pipe flow hydraulics may not applicable.
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Bernoulli Equation

Flow through a pipe of varying cross-sectional area is described by the Bernoulli equation for real viscous
fluids as illustrated in Figure 5.14. Since there is no gain or loss of water in the pipe, the flow rate remains the
same while other hydraulic elements change from one cross-section to another. The total energy line (£) of the
flow decreases from the upgradient cross section towards the downgradient cross section of the same flow tube
(pipe or conduit) due to energy losses. These losses or resistance to flow are the result of internal friction within
the flowing fluid, friction between the fluid and the conduit walls, and the general flow turbulence including local
losses caused by various conduit irregularities and wall roughness. Bernoulli equation is based on the principle of
energy conservation where the energy losses represent an irreversible conversion of mechanical (flow) energy into
heat energy. The following general equation is for the three flow cross sections, denoted as 1-1, 2-2 and 3-3 on
Figure 5.14 (note that at the starting cross section 0-0 the flow velocity is zero):

Figure 5.14 Illustration of the Bernoulli
equation for flow of real viscous fluids
through a pipe with the varying cross-
sectional area. Energy line (£) at any
given cross-section is the sum of the
elevation head (z), the fluid pressure
head (p/pg) and the velocity head
(av*/2g). The fluid pressure head and the
elevation head give the hydraulic head—
see Equation (5.10)

Modified from Kresic, 2013. Copyright
McGraw Hill; permission is required for

further use.
2 2 2
p1 p2 D3
E—21+E+E+hw(0 1)—ZZ+E+E+hW(O 2)_Z3+E+29 +hw(0 3) (5.10)

where E is the energy of flow, z is the elevation head above the reference level, p is the fluid pressure, p is the
fluid density, g is acceleration of gravity, v is average flow velocity, « is the Coriolis coefficient of velocity non-
uniformity at a flow cross section (1.06< a <1.13), A, is the total energy loss between two flow cross-sections.

Unlike the energy line (E), the hydraulic head line (dashed blue line in Figure 5.14) may go “up” and “down”
along the same flow tube as the cross sectional area increases or decreases respectively. In other words, when the
flow velocity decreases due to a widening of the conduit, the hydraulic head increases because of the increased
fluid pressure. The total energy line, which includes the velocity component (avZ / 2g), can be directly measured
only by the Pitot device whose installation is not feasible in most field conditions. Monitoring wells and
piezometers, on the other hand, only record the hydraulic head, which does not include the flow velocity
component. It is therefore conceivable that two piezometers in or near the same karst conduit may not provide
useful information for the calculation of the real flow velocity and flow rate between them and may even falsely
indicate the opposite flow direction. In fact, as discussed by Bogli (1980), water rising through a tube in an
enlargement passage can flow backward over the main flow conduit and into another tube which begins at a narrow
passage in the same main conduit.
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There are various complicating factors when attempting to calculate flow through natural karst conduits using
the pipe approach and Bernoulli equation:

1)

2)

3)

4)

5)

6)

Flow through the same conduit may be both under pressure and with free surface, and the conduit or part
of it may eventually be completely drained of water as the permanently saturated zone is lowered.

Since conduit walls are irregular (“rough”), the related coefficient of roughness which contributes to
energy losses must be estimated and inserted into the general flow equation.

Conduit cross section may vary significantly causing various local energy losses, particularly where it
abruptly constricts or widens.

The flow may be both laminar and turbulent in the same conduit, depending on the flow velocity, cross-
sectional area, and wall irregularities. The energy losses and the velocity distribution are quite different
for these two flow regimes (see next section).

More than one conduit is usually “responsible” for transferring groundwater in the aquifer from one
general area to another. The difficulties described earlier multiply when attempting to calculate
groundwater flow rates through a network of conduits. While appropriate fluid mechanics solutions exist
for pipe networks, the major challenge is accurately identifying and characterizing all the disparate
branches in the field.

Portions of the conduit system, such as large chambers and vertical shafts, may serve as storage reservoirs
during and following periods of high recharge rather than simple flow-through conduits. Possible impacts
of unknown reservoirs are unpredictable but can be assumed and tested with simple hydraulic equations.

Despite the limitations of the hydraulic calculations listed above, pipe and reservoir approaches to karst aquifer

systems have been practiced considerably and with varying success. Wide availability of software packages for

hydraulic calculations of pipes and reservoirs can make this and similar approaches quite appealing. However,

similarly to all other flow calculations in karst, the number of assumptions and the required input parameters, most

of which cannot be measured, quickly multiply with each additional pipe and reservoir such that the final solution

is by default non-unique, and the model is over-parameterized. Nevertheless, the appeal of a play with assumed

configurations of pipes (caves), and the possibility of eventually reaching the “just-right” solution, cannot be
dismissed as illustrated with Figure 5.15.

Figure 5.15 Pipe diagram of the Castleguard Valley karst
aquifer, Alberta, based on dye tracing and cave observations.
Smart, 1983. Hydrology of a glacierized alpine karst. Ph.D.
thesis, McMaster University, Hamilton, Ontario, 343 p.
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Laminar and Turbulent Flow

Flow in conduits is laminar when it takes place in parallel concentric layers (lamina) which do not mix. The
maximum velocity is along the centerline of the conduit and decreases towards the walls where it becomes
infinitesimally small, theoretically equal to zero. This is because the flow is along individual tubular fluid lamina
between which there is viscous resistance to flow, with the highest resistance between the fluid and the conduit
walls. At some critical velocity, the laminar flow will become turbulent with the formation of eddies and chaotic
motion (mixing) of fluid particles in all three dimensions. In turbulent flow regime, however, there still is a thin
layer of laminar flow next to the conduit walls, called boundary layer. Importantly, the turbulence increases the
resistance to flow dramatically so that large increases in hydraulic head will be required to further increase the
flowrate in the conduit.

Dynamic viscosity (i) is the property of fluid which resists shear stress acting on it. Terms viscosity, absolute
viscosity, and dynamic viscosity are used interchangeably, whereas kinematic viscosity (V) is related to the
dynamic viscosity as follows:

<
Il
I

(5.11)

where p is the fluid density.

Units of dynamic viscosity are Newton-second per meter squared (Ns/m?), or kilogram per meter-second
(kg/ms), or Pascal-second (Pas) with all three units being equal. The unit for kinematic viscosity (m?/s) is
impractically large so that another unit, centistoke (cSt), is more commonly used (1 ¢St = 10°® m?%/s). The unit for
fluid density is kg/m?.

In comparison to water for example, honey is much more viscous, and it moves much slower under the same
hydraulic gradient because the resistance to flow (friction) between individual honey lamina is much higher than
between the lamina of water. Water and gasoline are relatively low viscosity fluids which flow very easily. Motor
oil and molasses are other examples of more viscous fluids which offer great resistance to flow. In the presence of
suspended material, the viscosity of a liquid increases because its density is higher.

The Hagen-Poiseuille equation is commonly used in hydraulics to calculate the pressure loss (4p) between
two cross-sections of laminar flow of incompressible fluids in a circular tube:

128uLQ
or
8uLQ
Ap = ——— 12
P="77 (5.12b)

where Q is the flow rate, u is the dynamic (absolute) viscosity, L is the distance between the two cross-sections,
d is the tube diameter, and R is the tube radius.

The pressure loss (Ap) and the hydraulic head loss (44) are related as follows
Ap = pglh (5.13)

where p is the fluid density and g is the acceleration of gravity.
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The Hagen-Poiseuille equation can also be expressed with the hydraulic head loss (4/4) and the average flow
velocity (denoted with capital V' to distinguish it from kinematic viscosity, V):

pp = SV 5.14
- pgdz ( . )

v =R 5.15
" 8Lv (515)

In terms of the flow rate (Q), equation (5.12) can be written as

_Ap md*  Ahmd*pg
L 128u L 128u

(5.16)

The flow velocity at any radial distance 1 from the center of the tube is
V,=——(R?—-12%) (5.17)

whereas the maximum flow velocity in the center of the tube is
14p ,
Vmax = ET R (518)

where R is the internal tube radius.

The maximum velocity of laminar flow in a circular tube is two times higher than the average flow velocity
of the entire cross-sectional area of the tube (A4) so that the flow rate can also be calculated as

Vmax

2

Q=4 (5.19)
The Darcy-Weisbach equation can be used to calculate hydraulic head losses for both laminar and turbulent

flows in a circular tube:
2

LV

where f is the dimensionless experimental friction coefficient also known as the Darcy friction factor. As can be
seen, the losses are proportional to the squared average velocity, whereas for laminar flow this relationship is
linear.

From equation (5.20) the flow rate (Q) through a conduit can be calculated as

Ahd2g
fL

Q=AXV=AX (5.21)

where A is the cross-sectional area perpendicular to flow.
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Figure 5.16 Moody Diagram for determining Darcy friction factor in pipes based on relative roughness of pipe walls and
the Reynolds number. Modified from Moody, 1944.

The Darcy friction factor for common commercial pipes can be estimated from the experimental graph of
Moody (1944) which relates the relative roughness of pipe walls and the Reynolds number (Figure 5.16). The
relative roughness (&/d) is the ratio of the absolute length of irregularities (¢) protruding from the pipe walls to the
pipe internal diameter (d). For example, for a natural conduit 3 meters (300 cm) in diameter that has wall
irregularities 1.8 cm long (which is not uncommon for scalloped walls), the relative roughness is 0.006. For the
Reynolds number of 20000 (bottom axis of the Moody Diagram) and the relative roughness line of 0.006 the
friction factor is 0.036. In the complete turbulence zone, the friction factor is a function of the relative roughness
only; it remains constant for the same relative roughness regardless of the Reynolds number. For purely laminar
flow, where the Reynolds number (Re) is less than 2000, the friction factor is independent of the relative

roughness:

64 i
f =z (5.22)

The Darcy friction factor for turbulent flow (Reynolds number greater than approximately 4000) in rough
conduits can also be calculated by numerically solving the Colebrook equation (Colebrook, 1939) where it is given
implicitly (i.e., it is on both sides of the equation):

£
q 2.51

d
L4

=-2 log10 (523)

1
Jf
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Another form of the Colebrook equation can be used to calculate the friction factor for flow with free surface
such as in a pipe that is flowing partially full of fluid:

LI 21 ‘. 251 5.24

77 Re T

where R;, is the hydraulic radius. For completely filled circular conduits, R, = d/4 = (inside diameter)/4. For

partially filled and conduits of other shapes the hydraulic radius is given as the ratio of the cross-sectional area of
flow (A) to its wetted perimeter (P,,): R,=A/P,,.

The Haaland equation (Haaland, 1983) can be used to directly calculate the Darcy friction factor for a fully
flowing circular pipe. It approximates the implicit Colebrook equation with an acceptable accuracy for practical

purposes:
e\ 111
1 vl 6.9
—=-1.8 lOglO ﬁ + E (525)

\/?

The Chézy equation is another widely used formula for calculating velocity in pipes (conduits) as well as in
open channels (for which it was originally derived) using the hydraulic radius (R}):

V=CxJR,] (5.26)

where C is the Chézy coefficient and J is the loss of hydraulic head due to friction.

The Chézy coefficient, which is a function of wall roughness, and the Darcy friction factor (f) are related as
follows:

C= |— (5.27)
The Darcy friction factor and the empirical Manning’s roughness coefficient (n) are related as

16 | f
n=R — 5.28

v lag (5.28)
where the Manning’s roughness coefficient has dimension of m™'"s. Note that all three friction factors, Darcy,
Manning and Chézy, have been determined empirically by various researchers and their selection for any flow
setting is subjective.

In the traditional hydraulics of pipes, it has been demonstrated with experiments and widely accepted that the
critical Reynolds number at which the flow is not laminar any more is somewhere between 2000 (experiments of
Moody) and 2300 (experiments performed by Osborne Reynolds; Reynolds, 1883, 1894). For smaller Reynolds
numbers the influence of wall roughness will be dampened, and the flow will remain laminar; at higher Re
numbers, the viscous force becomes smaller compared to the inertia force so that even small disturbances at the
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walls will be allowed to grow into turbulence. As can be seen from the Moody Diagram (Figure 5.16), the transition
from laminar to turbulent flow is not abrupt and there is a relatively wide transition zone where various factors

influence formation of turbulence. The conduit diameter (d), fluid kinematic viscosity (v), dynamic viscosity (&),

density (p), and flow velocity (V') all determine the Reynolds number:

1000

100\

Velocity (cm/s)

Re = 2300 pvd vd
T=20°C Re =—=7 (5.29)

\ Turbulent flow
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\\

Figure 5.17 Graph of critical velocity separating laminar and
turbulent flow regime for different pipe diameters and critical

0.1

Laminar flow \

Reynolds number of 2300. The kinematic viscosity of water (v) at
20 °C is approximately 1.01 x 10® m?/s. The critical velocity is
calculated as Vi = Rexvx1/d. Modified from Vukovié¢ and Soro,

1 10 100
Pipe diameter (cm)

1985. University of Belgrade. Acknowledgement is required for

1000 further use.

In general, laminar flow occurs for low velocities, small diameters,
low densities, and high viscosities, while turbulent flows occur for the
opposite conditions: high velocities, large diameters, high densities, and
low viscosities (Figure 5.17.) Extensive conduit wall irregularities also
result in faster transition to turbulent flow (Figure 5.18). However, in the
hydraulics of karst conduits there are many unknown factors related to
the geometry of submerged conduits as well as irregularities of conduit
walls, so that any calculations described earlier are speculative and
should be applied with care, advisably only at a hypothesis-testing (proof
of concept) level.

Figure 5.18 Relict of an initial tubular conduit in Mammoth Cave, Kentucky,
now rarely active and reshaped by downcutting towards lowered karstification
base. Photo courtesy of Nenad Maric.

For example, for the same flow rate in a karst conduit the velocity may increase or decrease based on the

conduit cross-sectional area and the flow may transition from laminar to turbulent and back. This includes a

possibility that laminar flow in the center of the conduit has higher velocity than along some segments of the same
conduit where the flow is completely turbulent. Turbulence also increases resistance to flow as a large part of the

mechanical energy in the flow is spent on the formation of eddies which eventually dissipate their energy as heat.
Consequently, much larger increases in the conduit entry pressure will be required to further increase the turbulent

flowrate as compared to laminar flow.

Unfortunately, in various literatures on caves and karst there is a wide range of Reynolds numbers for which
authors state that the flow is turbulent. This includes Re numbers as low as 10. None of such publications presents
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a basis for the reported Re numbers including experimental measurements of laminar and turbulent flow in actual
karst conduits and their possible deviations from the well-established principles of classic hydraulics.
Notwithstanding the fact that nothing is quite certain in karst, this author’s advice is to avoid using unsubstantiated
numbers and input parameters for hydraulic calculations in karst regardless of the authority which presented them.

5.2.2 Flow in Open Channels

Flow rate in karst channels which are not submerged (where the flow is with free surface — see Figure 5.19)
can be calculated using the Chézy-Manning equation:

1
Q = AHR2/3L'§/2 (5.30)

where A is the cross-sectional area of flow, n is the Manning’s roughness coefficient, R is the hydraulic radius,
and i is the slope of the channel bottom assumed to be equal to the hydraulic gradient (slope) of the free water

surface (i.e., the flow is assumed to be uniform).

As indicated earlier, the hydraulic radius is calculated by dividing the cross-sectional area of flow with the
wetted perimeter. For a trapezoidal channel shown in Figure 5.19-Left the cross-sectional area of flow (A) and the
wetted perimeter (B,,) are:

Figure 5.19 Left: General dimensions of a trapezoidal channel. Right: Cave passage in which open channel flow occurs after
rains and persists in rainy season. In an earlier stage of cave development, the channel was fully submerged and with a high
flow rate as evidenced by the well-developed scallops. Photo courtesy of Predrag Stosi¢ Peca.

P, = b + 2he1 + m? (5.32)

which gives the following flow rate:
2
1] (b+mhy)hy, 3 1

= (b + mhy)hy— X 2 5.33
Q= b v ] < G

For a rectangular channel, where m = 0, the flow rate is:
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11 bhy 71°°
Q=bhog[—0 x iy

o (5.34)

For wide channels, where the normal depth (%) is much smaller than the channel width, the wetted perimeter
can be approximated by the channel width (P,,~b), and the hydraulic radius by the normal depth (R~#). In that
case the flow is

1
0= E19;105/3 x ia/? (5.35)

For channels with smooth surfaces, such as solid cement, the Manning’s roughness coefficient ranges from
0.010 to 0.015 as finish gets rougher. For cemented rock it is between 0.017 and 0.030; for channel bottom lined
with unconsolidated sediments it ranges between 0.022 and 0.030 depending on the sediment grain size; for rough
channels with broken rocks or incised irregularly into rock it ranges from 0.035 to higher than 0.045.

In any case, calculating groundwater flow rate in
open karst channels with various hydraulic equations is
a very rough approximate at best given all the
irregularities of almost all karst channels and
assumptions that must be made. Photographs in Figures
5.20 and 5.21 illustrate this point.

Figure 5.20 Krizna Jama Cave in Slovenia. Photo courtesy
of Peter Gedei. More cave photos are available at
https://petergedei.com/

Figure 5.21 Left: Hanke Channel
section of the world-famous
Skocjan Caves in Slovenia
protected by UNESCO. Photo
courtesy of Borut Lozej. Right:
Rokina bezdana cave in Croatia.
Photo courtesy of Dinko Stopié.
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5.2.3 Groundwater Flow Velocity in Karst

Because of the widely varying hydraulic conductivity and effective porosity of karstified carbonates, as well
as the presence of conduits and channels, the groundwater velocity in karst can vary over many orders of
magnitude. One should therefore be very careful when making a (surprisingly common) statement such as
“groundwater velocity in karst is very high”. Although this may be true for the flow taking place in some karst
conduits, a disproportionally larger volume of any karst aquifer has relatively low groundwater velocities through
small fissures and rock matrix. One common method for determining groundwater flow directions and apparent
flow velocities in karst is dye tracing. However, most dye tracing tests in karst are designed to analyze possible
connections between known (or suspect) locations of surface water sinking or focused recharge, and the locations
of groundwater discharge such as springs (more on dye tracing tests is given in Lecture 13.) Since such connections
commonly involve some type of preferential flow paths, the apparent velocities calculated from dye tracing tests
are usually biased towards the high end.

Figure 5.22-Left shows the results of 43 tracing tests in karst regions of West Virginia, the United States. The
median groundwater velocity is 716 meters per day, while 50% of the tests show values between 429 and 2655
m/d (25th and 75th percentile of the experimental distribution respectively). It is interesting that, based on 281
dye tracing tests, the most frequent velocity (14% of all cases) in the classic Dinaric karst of Bosnia and
Herzegovina as reported by Milanovi¢ (1979) is quite similar: between 864 and 1728 m/d (Figure 5.22-Right).
Twenty five percent of the results show groundwater velocity greater than 2655 m/day in West Virginia, and
greater than 5184 m/day in Herzegovina. Neither the Bosnia and Herzegovina nor the West Virginia data show
any obvious relationship between the apparent groundwater velocity and the hydraulic gradient between the
locations of dye injection and downgradient locations of dye detection (Figure 5.23).
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Figure 5.22 Left: Apparent groundwater flow velocities in the West Virginia karst based on 43 dye tracing tests. Data from
Jones, 1977. Copyright Karst Water Institute; permission is required for further use. Right: Apparent groundwater flow
velocities in the eastern Herzegovina karst based on 281 dye tracing tests. From Milanovi¢, 1979, HE Trebisnjica, Institut za
koristenje i zastitu voda na krSu, Trebinje. Acknowledgment is required for further use.

Various approximate calculations of flow velocity have been made based on the geometry of scallops (Figures
5.24 and 5.25) sculptured on conduit walls by turbulent flow eddies (e.g., see Bogli, 1980; Palmer, 2007; Ford and
Williams, 2007). Scallops are common in limestone and gypsum caves but much less so in dolomite as they require
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homogeneous host rock with uniform mineral size. According to Palmer (2007), scallops are not formed if the
water velocity is less than about 1 cm/s, because the turbulent eddies are not stable or uniform enough in such
slow-moving water. At velocities greater than about 3 m/s the bedrock surfaces are usually abraded by sediment,
which prevents scallops from forming. The same author provides a graph of flow velocity versus scallop length
and advises its use for general estimates only. A quick estimate can also be made using the following relationship
(Palmer, 2007):

V(em/s) = X/L (5.36)

where L is the mean scallop length in centimeters, and X is a number that depends on the temperature of the water
that formed the scallops. X=375 at 0°C, 275 at 10°, 210 at 20°, and 170 at 30°. For comparison, the calculated flow
velocity for a canyon passage in White Lady Cave, Little Neath Valley, Unite Kingdom is 1.21 m/s and the flow
rate is 9.14 m%/s, for the cross sectional area of flow of 7.6 m? and scallop length of 4.1 cm (White, 1988).

Although the interconnected conduit (channel) porosity created by dissolution of carbonates provides for most
of the flow in older carbonate rocks, it still occupies a significantly smaller overall volume of the aquifer compared
to the matrix (primary) porosity. However, this general principle must be applied with great care at every karst
site because the ratio between the total and effective porosities of any type (matrix, fracture, and solution) is scale
dependent. Unfortunately, the concept of effective porosity is sometimes misinterpreted or misused in attempts to

Figure 5.23 Lefi: Apparent groundwater flow velocity vs. hydraulic gradient for the 43 dye tracing tests in the West Virginia
karst. Data from Jones, 1977. Copyright Karst Water Institute; permission is required for further use. Right: Apparent
groundwater flow velocity vs. hydraulic gradient for the 281 dye tracing tests in the Bosnia and Herzegovina karst. Milanovi¢,
1979, HE Trebisnjica, Institut za koriStenje 1 zastitu voda na krSu, Trebinje. Acknowledgment required for further use.
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Figure 5.24 Giant scallops
(facets) on the walls of an
affluent syphon in Momacka
Pe¢ina cave, located in
Dzervinska Greda stripe karst,
near Miro¢ Mountain, Eastern
Serbia. Photo courtesy of
Milorad Klickovic.

Figure 5.25 Left: Scalloped wall in a Bath County, Virginia cave. Photo courtesy
of Phil Lukas. Right: Schematic of individual scallops and determination of flow
direction based on their shape: the steeper slopes are on the upgradient side of
flow. Note that individual scallops always overlap, and the entire wall surface is
often covered as seen in the photograph.

quantify and numerically model groundwater flow in karst with inadequate tools. For example, analytical
equations and numeric groundwater models based on Darcy’s law are still often used to quantify groundwater
velocity and flow in karst aquifers. This is justified by stating that the karst aquifer behaves as an equivalent porous
medium (EPM) because all three porosity types are relatively uniformly distributed and interconnected at a
particular scale (the Site) and therefore of equal importance for groundwater flow. It follows that the nature of
groundwater flow through the overall karst aquifer volume is the same as, for example, through gravel deposits
and can therefore be described with the simple Darcy’s equation.

At the same time, practitioners applying this approach may in many cases be confronted with the fact that
groundwater levels in some monitoring wells are rising and falling very quickly in response to recharge episodes,
whereas this is not the case in other wells nearby. They also may acknowledge that the linear groundwater velocity
(vr) is very fast in certain portions of the aquifer as indicated by a dye tracing test. Note that the linear groundwater
velocity in the EPM models is calculated as (see also equation (4.2))
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K Xxi
UL:

5.37
» (5:37)

where K is the hydraulic conductivity of EPM, i is the hydraulic gradient, and n, is the effective porosity.

The problem arises when some karst practitioners simulate high groundwater velocities in the preferential flow
paths by using a very small effective porosity in the Equation (5.37), or in numeric model cells representing these
paths, smaller than in the surrounding cells that are supposed to simulate aquifer matrix without cavities. This, of
course, does not make any hydrogeologic sense as illustrated in Figures 5.26 and 5.27: the “material” in box A
(area, volume) cannot have the effective (or total) porosity smaller than in box B regardless of how convincing
any related “expert” explanation or modeling justification may be. Needless to say, both the total and the effective
porosity of a karst cavity (conduit) filled only with air or water is 100% such that Darcy’s law does not apply.

Figure 5.26 Cavity discovered below water table at
a deep construction site (shown dewatered here) in
Paleozoic limestone, Hartsville, Tennessee. Photo
by George Sowers, printed with kind permission of
Francis Sowers.

Figure 5.27 Part of the world-famous
Skocjan Caves in Slovenia not accessible
to tourists. Photo courtesy of Borut
Lozej, Skocjan Caves Park.
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5.2.4 Hydraulic Head and Hydraulic Gradient in Karst

As discussed in detail by Milanovi¢ (1979), Kresic (2013), and Kresic and Mikszewski (2013), groundwater
level measurements in monitoring wells (piezometers) in karst must be designed, performed, and interpreted with
great care. The most common conceptual error in karst hydrogeology is to draw maps of the potentiometric surface
(water table, piezometric surface, and hydraulic head map are all interchangeably used terms) and use them to
estimate groundwater flow directions and hydraulic gradients (see Figures 5.28 and 5.29). Preferential flow paths
create local troughs (linear depressions) in the potentiometric surface that may be detected only if enough
piezometers (monitoring wells) screened at right depths, and on either side of the conduit are available. This,
however, is not the case at many sites because of the costs and difficulties associated with drilling in karst. In
addition, the preferential flow path(s) of importance to the specific project may never be found because of the
many uncertainties discussed earlier (see also Lecture 7 on karst aquifers.) In any case, extensive drilling in karst
should be performed only after some preliminary investigations using non-invasive techniques such as geophysics,
remote sensing, field mapping, or dye tracing are conducted to locate possible preferential flow paths (Kresic,
2013).

Figure 5.28 illustrates some key differences between a karst aquifer and an intergranular (unconsolidated
sediments) aquifer which both have the same general flow direction from the north to the south as shown on the
map views. A triplet of wells, installed anywhere in the intergranular aquifer, would reasonably accurately
determine the general groundwater flow direction based on the measured hydraulic head. In contrast, the same
cannot be stated for the karst aquifer case where the three-well principle may give very different results depending
on the position of individual wells relative to any preferential flow paths. Moreover, a group of closely spaced
wells in karst may show a completely “random” distribution of the measured hydraulic head. One well may be
completed in a homogeneous rock block, without any significant fractures and with low matrix porosity, and may
even exhibit the so-called “glass effect” (no fluctuation of water table regardless of the precipitation-infiltration
dynamics). On the other hand, a well ten or so feet away, screened near or within a preferential flowpath, may
show the hydraulic head fluctuation of several meters or more as a response to wet and dry seasons and recharge
episodes (Figure 5.29). In contrast, monitoring wells in young carbonates with high matrix porosity will often have
much less pronounced water-level fluctuations (smaller amplitude) regardless of their location in the aquifer. This
is because groundwater storage and flow rates are significant in both the rock matrix and the conduits.

Figure 5.28 Schematic block diagram of groundwater
flow in three-dimensions (top) and its map presentation
(bottom) for a karst (leff) and an intergranular,
unconsolidated (right) aquifer. (1) Preferential flow path
(e.g., fracture or fault zone or karst conduit/channel); (2)
fracture/fault; (3) local flow direction; (4) general flow
direction; (5) position of the water table in the
intergranular aquifer); (6) position of the piezometric head
in the karst aquifer; (7) water table contour line; (8)
groundwater divide in the intergranular aquifer. Modified
from Kresi¢, 1991. University of Belgrade;
acknowledgement is required for further use.
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Figure 5.29 Response of the hydraulic head measured
in monitoring wells to different types of flow in karst
aquifers. A: Hydraulic head hydrograph reflecting
rapid response of conduit flow to major recharge events
and no significant storage in rock matrix. B: Delayed
and dampened response of the low-storage matrix. 1:
Flow direction during base flow conditions. 2: Flow
direction at the peaks and following major recharge
episodes. Flow additionally influenced by fractures
may produce any combination of the two hydrographs.
Modified from Kresic, 2007. Copyright CRC Taylor &
Francis; permission is required for further use.

Regardless of the size of karst conduits, they are the main reason for the unique characteristics of karst aquifers,
i.e., groundwater flow under pressure akin to pipe flow in conventional fluid mechanics. This pressure can be
propagated fast and to great distances following major recharge episodes. The hydraulic head can sometimes rise
tens of meters or more resulting in a complete flooding of all interconnected voids (channels, conduits) in the
matter of hours (see Figure 5.30). This buildup of pressure in the hydraulic system is typical for karst aquifers
developed in compacted older carbonates of Paleozoic and Mesozoic age having low matrix porosity of a few
percent. The force created by high pressures can sometimes have a tremendous erosional and transport impacts

(Figure 5.31).

97

Figure 5.30 Encounter with a summer storm in Bat
River Cave, Minnesota Cave Preserve. Upper left:
Cave passages were dry before the storm. Upper
right: After sudden intense storm on August 18,2007,
a waterfall occurred where dry ceiling existed before
(4:03 pm); Lower Left: The water begins to rise and
becomes turbulent (4:17 pm); Lower right: Seconds
after this photo was taken it was almost impossible to
stand in the passage without getting swept away (4:59
pm). The cavers escaped by the ladder extending from
the newly drilled vertical shaft to the cave.
Photographs courtesy of John Ackerman.
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One very important aspect of karstification is that the conduit/channel network continues to expand both
laterally and vertically. Consequently, groundwater connections, i.e., flow directions, can often develop across

topographic drainage divides when carbonate deposits are sufficiently thick and extensive. This is true for both

local and regional scales of interest. The two most obvious results of this inconsistency between topographic and
groundwater divides in karst terrains are sinking streams and large springs. In fact, karst aquifers give rise to the

largest springs in the world (see Lecture 10) and are, generally, drained by only one or several springs due to a

self-organized conduit network converging at the spring.

Dye tracing, the only direct method for determining drainage areas of karst springs and karst groundwater

drainage areas in general, often results in unexpected connections (Figure 5.32). These connections vary in time
depending on the season and major recharge events so that dye tracing tests must be repeated with different dyes
and for different hydrologic conditions to accurately determine
groundwater flow directions and delineate surface and subsurface areas of

interest. Assessing temporal variation of groundwater flow directions and
hydraulic heads is a critical step at any site in karst for which a conceptual
site model (CSM) is being developed. Quarterly water level measurements
at monitoring wells, a common practice at contaminated groundwater sites
in the United States, would not be sufficient in that regard as illustrated
with the figures and photographs in this chapter.

Figure 5.31 Cavers looking up at wood logs brought in by the underground stream
flood waters and left at a ledge near cave ceiling, Culverson Creek Cave System,
West Virginia. Photo courtesy of Phil Lukas.
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Figure 532 Results of dye-tracing
investigations that successfully identified a
hydrologic connection between a sinkhole or a
losing stream reach and a major spring in
south-central Missouri. Dye traces are in dark
pink, different color polygons represent
various land uses. Note how different dye
traces cross different watersheds, sometimes
intersect, and can be more than 30 miles long.
Modified from Imes et al., 2007. USGS, in
public domain.



Lecture 5 Groundwater Flow Part Three

One aspect of porosity in karst aquifers often receiving less attention is infill of cavities with unconsolidated
sediments (see Figure 5.33). This transient type of porosity may change depending on the hydraulics of
groundwater flow and recharge mechanisms such that the loose sediments may be flushed out of cavities, new
sediments deposited, and everything in between. Filling of karst cavities may also be more consolidated and
therefore more permanent. However, under certain circumstances such as due to constantly changing and high
hydraulic pressures, even these deposits may break down and be washed out. This is of particular concern when
designing and constructing dams and reservoirs in karst. Considering the presence and nature of intergranular
porosity is also important for other aspects of karst aquifer management including quality of water supply and
contaminant fate and transport.

In any case, using hydraulic head measurements at wells screened in the infill of cavities for any assessment
of the flow characteristics in the aquifer should be done with great care so not to “compare apples and oranges.”

Figure 5.33 “Serious Sediment Plug” in a Bath
County, Virginia cave. Photo courtesy of Phil
Lucas.

In conclusion, using only the hydraulic head information from monitoring wells (piezometers) for the purposes
of assessing hydraulic gradients, groundwater flow directions, and overall flow characteristics in a karst aquifer
using an EPM approach, would in some cases be insufficient and potentially may lead to erroneous conclusions.
Interpretation of the hydraulic head measurements should always include a thorough understanding of various
hydraulic factors such as flow through pipes and open channels, as well as “non-hydraulic” factors such as
structural geology, limestone (carbonate) sedimentology, geologic history, and possible paleo-karstification (see
Lecture 7). This assessment can be combined with dye tracing as needed (Figures 5.32 and 5.34; see also Lecture
15) to provide a better understanding of the subsurface flow conditions and possible existence and connections
between any preferential flowpaths in karst.

One extreme but real-world example from the classic Herzegovina karst of a (initially) misinterpreted flow
direction near a major karst spring is shown in Figure 5.35, re-emphasizing the need for a comprehensive
interpretation of hydraulic head measurements in karst. By solely looking at the hydraulic head recorded at
piezometers P4, P3, and P2, and ignoring P1, one could erroneously conclude that the groundwater flow is away
from the spring, which is a hydrogeologic nonsense.
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Figure 5.34 Dye tracing test with uranine in
the karst system of Alta Cadena range near
Malaga, Spain. Courtesy of Bartolome Andre
Navarro, CEHIUMA.

Figure 5.35 Example how closely spaced
piezometers in clusters may register very different
hydraulic heads depending on the depth and length
of well screens. P1 is screened in the bottom conduit
only and isolated from the rest of the formation by a
grout seal. Similarly, P2 and P4 are screened only in
the top and middle conduit respectively. P3 is
screened in all three conduits. Modified from
Kupusovi¢, 1989. Published by Na§ Krs, Sarajevo.
Acknowledgment is required for further use.



Lecture 6 Aquifers and Aquitards, Part One

This lecture is based primarily on the materials presented in Kresic, 2007 (Hydrogeology and Groundwater
Modeling, Second Edition. Copyright CRC Taylor & Francis); Kresic, 2009 (Groundwater Resources:
Sustainability, Management, and Restoration. Copyright McGraw Hill); Kresic and Mikszewski, 2013
(Hydrogeological Conceptual Site Models: Data Analysis and Visualization. Copyright CRC Taylor & Francis),
and various publications by the authors of USGS.

6.1 Definitions

Agquifer is defined as a geologic formation, or a group of hydraulically connected geologic formations which
store and transmit significant quantities of potable groundwater. The word comes from two Latin words: aqua
(water) and affero (to bring, to give). The two key terms, “significant” and “potable” in this definition are not
easily quantifiable. The common understanding is that an aquifer should provide more than just several gallons or
liters per minute to individual wells and that water should have less than 1000 milligrams of dissolved solids. For
example, a well yielding 2 gal/min may be enough for an individual household. However, if this quantity is at the
limit of what the geologic formation could provide via individual wells, such an “aquifer” is not considered as a
source of significant public water supply. Another issue is groundwater quality. If the groundwater has naturally
high total dissolved solids, say 5000 mg/1, it is traditionally disqualified from consideration as a significant source
of potable water, regardless of the groundwater quantity. However, with an increasing water shortages worldwide
and advancements in water-treatment technologies, such as reverse osmosis (RO), aquifers with brackish
groundwater are increasingly interesting for development.

Word aquitard is derived from the Latin words: aqua (water) and tardus (slow) or tardo (to slow down, hinder,
delay). An aquitard does store water and can transmit it, but at a much slower rate than an aquifer and so cannot
provide significant quantities of potable groundwater to wells and springs. Determining the nature and the role of
aquitards in hydrogeologic studies is very important in both water supply, and groundwater
contamination/remediation projects. When the available information suggests there is a high probability for water
and contaminants to move through the aquitard within a timeframe of generally less than one hundred years, such
aquitard is called /eaky. When the potential movement of groundwater and contaminants through the aquitard is
estimated in hundreds or thousands of years, such aquitard is called competent.

Aquiclude, a related term, is generally much less used today in the United States but is in a relatively wide use
elsewhere (Latin word claudo means to confine, close, make inaccessible). Aquiclude is equivalent to an aquitard
of very low permeability, which, for all practical purposes, acts as an impermeable barrier to groundwater flow
(note that there is some groundwater stored in aquiclude, but it moves “very, very slowly”). A smaller number of
professionals and some public agencies in the United States (such as the USGS, see Lohman et al., 1972) prefer
to use term confining bed instead of aquitard and aquiclude. Accordingly, semi-confining bed would correspond
to a leaky aquitard. USGS suggests additional qualifiers be specified to explain the nature of a confining layer
(aquitard, aquiclude) of interest more closely, such as “slightly permeable” or “moderately permeable”.

Figure 6.1 illustrates major aquifer types in terms of the character and position of the hydraulic head in the
aquifer, relative to the upper aquifer boundary. The top of the saturated zone of an unconfined aquifer is called the
water table. The hydraulic head at the water table equals the atmospheric pressure. The thickness of the saturated
zone and therefore the position of the water table may change in time due to varying recharge, but the hydraulic
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head at the water table is always equal to atmospheric pressure. Note that there may be a low permeable layer,
such as clay, somewhere between the ground surface and the water table, but if there is an unsaturated (vadose)
zone above the water table, the aquifer is unconfined. An impermeable or low-permeable bed of limited extent
above the main water table may cause accumulation of groundwater and formation of a relatively thin saturated
zone called perched aquifer. Groundwater in the perched aquifer may eventually flow over the edges of the
impermeable bed due to recharge from the land surface and continue to flow downward to the main water table,
or it may discharge through a spring or seep if the confining bed intersects the land surface.

Figure 6.1 Schematic presentation of
main aquifer types based on position
of the hydraulic head. Modified from
USBR, 1977. In public domain.

A confined aquifer is bound above by an aquitard (confining layer), and its entire thickness is completely
saturated with groundwater. The hydraulic head in the confined aquifer, also called piezometric level (or
piezometric surface), is above this contact. The top of the confined aquifer is at the same time the bottom of the
overlying confining bed. Groundwater in a confined aquifer is under pressure, such that the static water level in a
well screened only within the confined aquifer would stand at some distance above the top of the aquifer. If the
water level in such a well rises above ground surface, the well is called a flowing or artesian well (see Figure 6.2)
from French puits artésien or "wells of Artois", the French province where such wells were first drilled in 18th
century.

Figure 6.2 Historic photograph of Clark Well No. 1,
located on the north side of the Moxee Valley in North
Yakima, Washington. The well was drilled to a depth
of 940 feet into an artesian zone of the Ellensburg
Formation and completed in 1897 at a cost of $2,000.
The flow from the well was estimated at about 600
gallons per minute and was used to irrigate 250 acres in
1900. Photograph was taken by E.E. James in 1897 and
was printed in 1901 in the U.S. Geological Survey
Water-Supply and Irrigation Paper 55. In public
domain.
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An imaginary surface of the hydraulic head in the confined aquifer can be located based on measurements of
the water level in wells screened in the confined aquifer. A water table of unconfined aquifers, on the other hand,
is not an imaginary surface—it is the top of the aquifer and, at the same time, the top of the saturated zone below
which all voids are filled with water. A semiconfined aquifer receives water from, or loses water to, the adjacent
aquifer from which it is separated by a leaky aquitard.

Hydrogeologic structure is term used to define discharge and recharge zones of a groundwater (aquifer)
system. Discharge and recharge are considered relative to both ground surface and subsurface. Four basic types
shown in Figure 6.3 are:

(1) Open hydrogeologic structure. Recharge and discharge zones are fully defined (known). Recharge takes
place over the entire areal extent of the system (aquifer) which is directly exposed to the land surface. Discharge
of the system is either at the contact with the impermeable base (case 1a), or along a main erosional basis such
as a large permanent river or coastal line (case 1b).

(2) Semi-open hydrogeologic structure. The discharge zone is fully defined, and the groundwater system is
partially isolated from the land surface by low-permeable or impermeable cover. The recharge zones are mostly
or partially known (cases 2a and 2b respectively).

(3) Semi-closed hydrogeologic structure. Recharge zones are known or partially known, whereas discharge
zones are only partially known (case 3a) or unknown (case 3b).

(4) Closed hydrogeologic structure.
The aquifer is completely isolated by
impermeable geologic units and does
not receive recharge. In practice, such
a system can only be discovered by
drilling. The absence of any
significant recharge (from the land
surface or from adjacent aquifers) is
manifested by large, continuingly
increasing drawdowns during
groundwater extraction (pumping.)

Figure 6.3 Types of hydrogeologic
structures: (1) open; (2) semi-open; (3)
semi-closed; (4) closed. Explanation in
text. Modified from Kresic, 1991.
Published by Naucna knjiga, Belgrade.
Acknowledgement is required for further
use.
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In some cases, an aquifer may indeed be completely isolated from the “rest of the world”. The presence of
fresh water in it is a testimony to a very different hydrogeologic past when the aquifer was receiving natural
recharge from one or more sources such as precipitation, surface water bodies, or adjacent aquifers. Various
subsequent geologic processes, including faulting and folding, may have resulted in its complete isolation. Such
aquifers are called fossil aquifers or non-renewable aquifers. In general, any aquifer that does not receive natural
recharge, regardless of the hydrogeologic structure in which it is formed, is also called non-renewable (see Figure
6.4.)

In summary, defining the geometric elements of an aquifer or a groundwater system is the first and most
important step in the majority of hydrogeologic studies. It is finding the answers to the following questions
regarding the groundwater:

Where is it coming from? (Contributing area).

Where is it entering the system? (Recharge area).

Where is it flowing? (Throughout the aquifer extent).
Where is it discharging from the system? (Discharge area).

Sl

Figure 6.4 On August 25, 2000, the Moderate-resolution Imaging Spectroradiometer (MODIS) acquired this image of the
Acacus-Amsak region in Africa’s Sahara Desert at the border between Algeria and Libya. The dendritic structures of ancient
riverbeds are clearly visible. The area is underlined by a vast, deep (up to 250m below ground surface) non-renewable aquifer.
Multidisciplinary studies (including paleoclimatology and paleobotany) suggest that this area was wet during the last glacial
era, covered by forests, and populated by wild animals. On the area’s rocks, archaeologists have found many rock paintings
and engravings, faint traces of one of the most ancient civilizations of the world. Starting about 12,000 years ago, hunters
rapidly learned domestication of buffalo and goat and developed one of the first systems of symbolic art. Extremely dry
weather conditions began here about 5000 years ago, resulting in disappearance of surface streams and the civilization itself
(NASA, 2007; image courtesy of Luca Pietranera, Telespazio, Rome, Italy). In public domain.
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Figure 6.5 shows key spatial features of an aquifer system. Recharge area is the land surface through which
the aquifer receives water via percolation of precipitation and surface runoff, or directly from surface water bodies
such as streams and lakes. When part of a larger groundwater system, an aquifer may receive water from the
adjacent aquifers, including through aquitards, but such contacts between the adjacent aquifers is usually not
referred to as the recharge (or discharge) zones. Rather, they are referred to as the zones of lateral or vertical inflow
(outflow) from the adjacent aquifers.

Discharge area is where the aquifer is losing water to the land surface, such as via direct discharge to surface
water bodies (streams, lakes, wetlands, oceans) or discharge via springs. In an unconfined aquifer with a shallow
water table, loss of water also happens via direct evaporation and plant root uptake, jointly referred to as
evapotranspiration, which may be significant if riparian vegetation is abundant.

An area that gathers surface water runoff, which eventually ends up recharging the aquifer, is called
contributing area. Aquifer extent is simply the envelope of its overall limits. It is very important to understand that
aquifer geometry is always three-dimensional, and it should be presented as such, including with cross sections
and two-dimensional maps for varying depths. Ideally, a three-dimensional computer model of the system
geometry is generated as part of the hydrogeologic study and can also serve as the basis for subsequent
development of a numeric groundwater flow model.

* Precipitation

Figure 6.5 Key spatial elements of an
aquifer. A: extent; B: recharge area;
C: contributing area; D: discharge

[ Aquifer Recharge from  area. Modified from Kresic, 1991.

Low-permeable bedrock where  pyplished by Naucna  knjiga

. o ’

= unit _ 7 applicable Belgrade; acknowledgment is
Bedrock required for further use.

The most common classification of aquifers is based on the lithology of the porous media in which they are
developed. Four main groups are: (1) unconsolidated sediments, (2) sedimentary rocks, (3) fractured rock
(bedrock), and (4) karst aquifers. They are further subdivided based on specific depositional environments (for
sediments) and their general geologic origin into various aquifer types that behave similarly in terms of
groundwater flow and storage. Rocks and deposits with minimal permeability, that are not considered to be
aquifers, consist of low-porosity intrusive igneous rocks, metamorphic rocks, shale, siltstone, evaporite deposits,
silt, and clay.

An excellent overview of different types of aquifers and their main characteristics is The Ground Water Atlas
of the United States (Miller, 1999). The Atlas provides a summary of the most important information available for
each principal aquifer, or rock unit that will yield usable quantities of water to wells, throughout the 50 States,
Puerto Rico, and the U.S. Virgin Islands. The Atlas is an outgrowth of the Regional Aquifer-System Analysis
(RASA) program of the USGS, a program that investigated 24 of the most important aquifers and aquifer systems
in the United States and one in the Caribbean Islands. The objectives of the RASA program were to define the
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geologic and hydrologic frameworks of each aquifer system, to assess the geochemistry of the water in the system,
to characterize the groundwater flow system, and to describe the effects of development on the flow system.
Although the RASA studies did not cover the entire country, they compiled much of the data needed to make the
assessments of groundwater resources presented in the Ground Water Atlas of the United States. The Atlas,
however, describes the location, extent, and geologic and hydrologic characteristics of all the important aquifers
in the United States, including those not studied by the RASA program. The Atlas is written so that it can be
understood by readers who are not hydrogeologists and hydrologists. Simple language is used to explain the
principles that control the presence, movement, and chemical quality of groundwater in different climatic,
topographic, and geologic settings. The Atlas also provides an overview of groundwater conditions for consultants
who need information about an individual aquifer. The entire Atlas is available on-line, and detailed printed
sections with color maps can be ordered, at nominal cost, from the USGS. Excerpts from the Atlas are included in
Lectures 6 and 7, together with other information on aquifer types and examples from around the world.

6.2 Aquifers in Unconsolidated Sediments

Aquifers developed in unconsolidated sediments, which are composed of various mixtures of grains of varying
size and shape such as clay, silt, sand, and gravel, are often referred to as intergranular (or granular) aquifers.
Depending on the predominance of certain grain fraction, such aquifers may be called sand or sand-and-gravel
aquifers for example. It is also common to call a particular intergranular aquifer by the depositional process that
created it. One such classification by the USGS groups unconsolidated sand and gravel aquifers into four broad
categories: (1) stream-valley aquifers, located beneath channels, floodplains, and terraces in the valleys of major
streams; (2) basin-fill aquifers, also referred to as valley-fill aquifers since they commonly occupy topographic
valleys; (3) blanket sand and gravel aquifers; and (4) glacial-deposit aquifers. In many cases, more than just one
process is responsible for creating unconsolidated deposits (for example, stratified glacial drift aquifer systems in
stream valleys) and an attempt should be made to at least understand the most important depositional mechanisms.
This because key characteristics of the intergranular porous media, such as anisotropy and heterogeneity, are a
direct result of depositional processes. For example, an aquifer developed in thick aeolian sands (former sand
dunes) should be very prolific, given enough historic or current natural recharge, because of the high storage
capacity and effective porosity of the initial uniform (homogeneous) clean sands. On the other hand, alluvial
deposits around a stream in a drainage area consisting of many different rock types may create very heterogeneous
local flood plain aquifers.

6.2.1 Alluvial Aquifers

Alluvial aquifers usually consist of various proportions of gravel, sand, silt, and clay, deposited by surface
streams as layers and lenses of varying thickness. When gravel and sand dominate, with finer fractions forming
thin interbeds and lenses, the aquifer may be considered as one continuum providing water to pumping wells with
long screens spanning most of its thickness. It is not uncommon to present extensive alluvial aquifers using
generalized cross-sections as shown in Figure 6.6.

Due to fluvial depositional mechanisms however, all alluvial aquifers show some degree of heterogeneity and
sections where dissolved contaminants may move faster through layers of more permeable porous media, creating
convoluted preferential pathways intersecting a well screen at discrete intervals. Detecting such pathways,
although difficult, is often the key for successful groundwater remediation, whereas it may not be of much
importance when quantifying groundwater flow rates for water supply. As a result, regulators often require fine-
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resolution (continuous) vertical profiling at hazardous waste sites to ensure that the screened interval of a
monitoring well does not miss a lens of preferential contaminant transport. This profiling may be achieved by
using fine-resolution soil profiling tools, continuous coring, and by collecting a groundwater sample every five or
ten feet, or even with a finer resolution (see Lecture 14 for various field investigations techniques.)

Figure 6.6 Simplified cross-section through alluvial fill of the South Platte River valley near Denver, Colorado.
From Lindsey et al., 2005. USGS, in public domain.

The areal extent and thickness of an alluvial aquifer depend on the size of the parent stream and the aquifer’s
location in the drainage area. Aquifers in flood plains of smaller streams and in higher upstream areas are of limited
extent, rarely exceeding ten meters in thickness. On the other hand, alluvial aquifers developed in flood plains of
major rivers are among the most prolific and widely used for water supply throughout the world. In addition to
thick extensive deposits of sand and gravel, they are typically in direct hydraulic connection with the river, which
provides for abundant aquifer recharge and well yield. Large well fields for public and industrial water supply are
often designed to induce recharge from the river by creating increased hydraulic gradients from the river to the
aquifer due to pumping. Collector wells (Figure 6.7) are type of wells specifically designed for this purpose.

The infiltration process filters river water as it percolates through riverbed sediments toward the aquifer
(recharging it) and, ultimately, into the well screens, typically removing objectionable characteristics of the river
water, such as turbidity and microorganisms. Because the water from the river is usually infiltrated over a large
area, infiltration rates are low, providing a high degree of filtration in most cases. This process of recharging
aquifers and supporting well yields through a natural filtration process is generally referred to as riverbank
filtration (RBF; Stowe, 2009.) However, RBF is often insufficient to completely remove various chemicals,
viruses, and microorganisms that may be (and usually are) present in surface streams. For this reason, USEPA has
specifically addressed quality and treatment of groundwater sources under direct influence of surface water
(GWUDISW) with the federal Surface Water Treatment Rules that address disease-causing viruses and pathogens
such as Giardia lamblia which are not found in “true” groundwater.
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The induced infiltration to alluvial aquifers from surface water is not always desirable or permissible, as
dewatering of small streams may occur during low-flow conditions that severely threatens the ecological health
of the stream and/or affects downstream human consumptive uses. In some cases, alluvial water supply wells that
have been operating for decades are now under increased regulatory scrutiny for inducing infiltration during low-
flow conditions.

Figure 6.7 Over the course of six decades, the City of Belgrade Waterworks have installed the largest concentration of
collector wells (originally referred to as Ranney wells) in the world, 99 of them. Left: Recharge basin (in the middle of the
photo) built by damming a branch of River Sava at both ends. Sava (on the left) is a major tributary of River Danube (seen in
far distance). The recharge basin, supplied by the filtered Sava water, enhances operation of tens of collector wells along its
shores. Collector wells are also installed along both banks of Sava upstream for tens of miles. Upper Right: typical housing
of a Belgrade Waterworks collector well. Lower Right: Schematic of a collector well in the Sava River alluvial aquifer.
Modified from Milojevi¢, 1967. Published by University of Belgrade; acknowledgment is required for further use.

Notoriously difficult to characterize are aquifers
developed in deposits left by meandering and braided streams,
and in alluvial fans and deltas. Such deposits exhibit
significant vertical and horizontal changes in sediment type
and should therefore be represented by “anything” other than
extensive and continuous layers of sand, gravel, or clay. This
is illustrated in Figure 6.8 which shows a draft cross-section
prepared as part of the subsurface characterization at a site in
the Los Angeles basin. Figure 6.9 includes spectacular satellite
images of four “complicated” fluvial depositional
environments from around the world.

Figure 6.8 Very preliminary draft sketch of a cross-section based on
geotechnical borings. Relatively more permeable alluvial sediments
are colored in red. Courtesy of Tony Marino.
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Figure 6.9 Upper Left: After beginning in northern British Columbia and flowing through Yukon in Canada, the Yukon River
crosses Alaska, the United States, before emptying into the Bering Sea. Countless lakes, sloughs, and ponds are scattered
throughout this scene of the Yukon Delta, one of the largest river deltas in the world. Landsat 7 falls color image available at
https://eros.usgs.gov/image-gallery/earth-as-art-3. Upper Right: A broad belt of lush agricultural land in Fars province of Iran
follows the curve of the alluvial fan and stretches out along a road that runs parallel to the ridgeline. The simulated natural
color image was captured by the Advanced Spaceborne Thermal Emission and Reflection Radiometer (ASTER) on NASA’s
Terra satellite. NASA image created by Jesse Allen using data provided courtesy of NASA/GSFC/METI/ERSDAC/JAROS,
and U.S./Japan ASTER Science Team; text by Rebecca Lindsey, https://earthobservatory.nasa.gov/. Lower Left: The jagged
scars are extensive valleys carved by water flowing from the Andes Mountains in northern Chile. Landsat 8 false color image,
https://eros.usgs.gov/image-gallery/earth-as-art-5. Lower Right: ASTER sensor on NASA’s Terra satellite captured a false
color image of the flood plain of White River in Arkansas. Image created by Jesse Allen, using data provided courtesy of
NASA/GSFC/METI/ERSDAC/JAROS, and U.S./Japan ASTER Science Team; text by Holli Riebeek. In public domain.
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6.2.2 Basin Fill Aquifers

Basin-fill aquifers consist of sand and gravel deposits that partly fill depressions which were formed by
faulting or erosion or both (Figure 6.10.) Fine-grained deposits of silt and clay, where interbedded with sand and
gravel, form confining units that retard the movement of groundwater, particularly in deeper portions. In basins
that contain thick sequences of deposits, the sediments become increasingly more compacted and less permeable
with depth. The basins are generally bounded by low-permeability igneous, metamorphic, or sedimentary rocks.
The sediments that comprise the basin-fill aquifers mostly are alluvial deposits eroded by streams from the rocks
in the mountains adjacent to the basins. They may locally include windblown sand, coarse-grained glacial outwash,
and fluvial sediments deposited by streams that flow through the basins. Coarser sediment (boulders, gravel, and
sand) is deposited near the basin margins and finer sediment (silt and clay) is deposited in the central parts of the
basins. Some basins contain lakes or playas (dry lakes) at or near their centers. Windblown sand might be present
as local beach or dune deposits along the shores of the lakes. Deposits from mountain glaciers locally form
permeable beds where the deposits consist of outwash transported by glacial meltwater. Fluvial sands and gravel
are common in and adjacent to the channels of through-flowing streams. Basins in arid regions might contain
deposits of salt, anhydrite, gypsum, or borate produced by evaporation of mineralized water, in their central parts
(Miller, 1999).

Figure 6.10 Schematic block-diagram of the
basin-fill aquifer utilized for water supply of
the city of Albuquerque, New Mexico.
Modified from Robson and Banta, 1995.
USGS, in public domain.

Recharge to basin-fill aquifers is primarily by infiltration of streamflow that originates as precipitation which
falls on the mountainous areas that surround the basins (Figure 6.11.) This recharge, called mountain-front
recharge, is mostly intermittent because the streamflow that enters the valleys is also mostly intermittent. As the
streams exit their bedrock channels and flow across the surface of the alluvial f